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Introduction
Scope of this chapter
The study of isotopic proxies has two different though related basic aims: an
understanding of the way in which the water cycle is linked to alterations in climate,
and how the carbon cycle has responded to these changes. This necessarily requires the
study of oxygen, hydrogen and carbon stable isotope ratios. Water plays a vital role in
the growth or formation of all proxies whether animal, vegetable or mineral; while water
molecules consist of oxygen and hydrogen isotopes alone, they are also a solvent for
several different forms of carbon. There are of course stable isotopes of other elements
encountered in dissolved form, for example boron, chlorine, nitrogen and sulphur, but
none of these has yet achieved more than a niche role in the study of proxies. This
chapter therefore concentrates exclusively on the well-established trio of O, H and C.
Note that the dating of water by carbon-14 or other radio-isotope methods is not included
as direct dating of proxies provides much higher resolution. Water dating and allied
information is extensively reviewed in books by Clark and Fritz (1997) and Cook and
Herczeg (1999).
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Three main reservoirs of water may contribute to the isotopic compositions of
proxy indicators: surface waters, soil and unsaturated (vadose) zone moisture, and
groundwater. One important aim of studying proxy indicators is to arrive back at the
isotopic composition of the antecedent rainfall during the period of growth. While the
ways in which the proxies may isotopically fractionate the oxygen and hydrogen in their
reservoir water during growth or formation are considered in the following chapters
in this volume, it would at least be helpful to establish the typical extent to which the
isotopic composition of rainfall may be modiﬁed in the three reservoirs at the present
day. The largely physical nature of these fractionation effects may vary under different
climatic regimes, so the hydrological parts of this chapter will consider the available
evidence from a range of climate types worldwide.
Characterising the evolution of the carbon isotope content of waters prior to proxy
formation is perhaps a greater challenge, involving as it does both organically and
inorganically mediated interactions between water, rock and gases. The almost inﬁnite
variety of environmental settings makes it much more difﬁcult to be prescriptive with
carbon than with oxygen and hydrogen, but nevertheless we consider it worthwhile to
establish the “ground rules” for dissolved carbon. Some of the individual fractionation
processes are as climate-dependent as for oxygen and hydrogen isotope ratios, so climatic
differences will be considered, albeit in rather less detail than for O and H.
The development of stable isotope hydrology
Research on the technical aspects of O, H and C stable isotope measurement began
in the early 1950s (e.g., Epstein and Mayeda (1953); Friedman (1953); Craig (1953)),
but widespread hydrological usage concentrating on δ18O and δ2H did not arrive until
the 1970s. Although studies carried out during the 1960s on rainfall by Craig (1961)
and Dansgaard (1964) paved the way for thinking about isotopes in the water cycle,
attention was to a large extent diverted by tritium (3H) in the wake of the atmospheric
thermonuclear testing of the 1963–65 period. However, as interest in 3H gradually
waned, the usefulness of δ18O and δ2H began to be appreciated once more, leading to
the widespread development of stable isotope laboratories during the 1970s and early
1980s.
It was early realised that isotope methods were not restricted to the study of water
and ice, but could also be applied to steam (e.g., Giggenbach (1971)). Furthermore, it
became apparent that isotopes could be instructively applied to ‘hidden’ forms of water
— for example soil moisture (e.g., Zimmerman et al. (1967)), water of crystallisation
(e.g., Sofer (1978)) and ﬂuid inclusions (e.g., Roedder (1984)).
It also became apparent that groundwaters from the conﬁned parts of aquifers were
often isotopically depleted relative to modern waters. During the 1970s, the development
of routine methods for measuring radiocarbon (14C) in groundwaters led to a more
quantitative understanding of the magnitude and timing of climate change away from
polar regions.
Over the last few decades the proliferation of laboratories routinely using O and H
isotopes to understand the water cycle, present and past, means that a fair degree of
maturity has been reached. While there remains much data to be collected to ﬁll various
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gaps in knowledge, the subject area is understood well enough (e.g., Clark and Fritz
(1997)) to constrain the interpretation of proxy data.
The involvement of C isotopes in hydrology and environmental studies has been more
cryptic. While it was known as early as the 1930s that there were differences in 13C/12C
between organic and inorganic mineral carbon (Nier and Gulbransen 1939), research
in the 1950s and 60s was focused on the use of δ13C for correcting radiocarbon ages
of groundwaters for ‘dilution’ by inorganic carbonate that is dead to radiocarbon (e.g.,
Vogel and Ehhalt (1963); Pearson and Hanshaw (1970)) and on the study of reaction
mechanisms for carbon in plants, for example the C3 and C4 photosynthetic pathways
(Bender 1968; Deines 1980). Early work on carbonates centred around the use of δ18O
rather than δ13C, and it was not until the mid-1960s that much attention started to be
paid to carbon in freshwater fauna and lake deposits (e.g., Keith and Weber (1964);
Stuiver (1970)). Likewise, speleothems were initially valued more for their δ18O and
dating potential (summarised in Schwarcz (1986)) and it was only since the work of
Hendy (1971) that the signiﬁcance of variations in δ13C has led to it being more routinely
measured and interpreted. The carbon in travertine-type deposits and other potential
freshwater proxies may have derived from a multiplicity of sources so that their δ13C
composition often reveals more about mode of formation than palaeoenvironment (Turi
1986). Nevertheless, interest is developing in the interpretation of carbon isotopes in
freshwater tufas and allied cyanobacterial deposits (e.g., Pazdur et al. (1988); Andrews
et al. (1993)).
The water and carbon cycles
Figure 1 depicts the global water (or hydrological) cycle. While the concept of the water
cycle may be simple in essence — water evaporates from the sea, falls as rain over land,
and eventually returns to the sea mainly via river and groundwater discharge — there
are a number of complicating factors, at least where stable isotopes are concerned. Much
of the focus of this chapter lies in considering how these factors affect the more active
parts of the water cycle. The physical processes governing the isotopic composition of
precipitation are a natural starting point. Following on from this is a consideration of
the transformation of precipitation into the basic ‘terrestrial reservoirs’ of soil-zone
moisture, groundwater, and surface waters. Processes such as seasonal freeze-thaw,
plant transpiration and soil evaporation can each cause isotopic changes, but perhaps of
most signiﬁcance is evaporation from surface waters. Lake sediments are an important
archive for climate change, and it is therefore vital to understand as far as possible the
often complex isotopic relationship between individual lakes and regional precipitation.
Accordingly this chapter considers isotope mass-balance modelling in some detail.
The situation with regard to carbon is more complicated, because the C cycle cannot
be summarised in a simple climate-related manner. While C stable isotopes are crucial
to palaeo-environmental reconstruction, as other chapters in this volume demonstrate
(McCarroll and Loader; Hedges et al.; Leng et al.; McDermott et al. all this volume),
their incorporation in proxies is affected by many factors, including hydrology, that
may be more or less related to climate. For instance, the mass budgets and isotopic
compositions of carbon in land animal diet and plant photosynthetic pathways are not
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Figure 1. Schematic of the global water cycle. Evaporation of seawater leads to cloud formation
with progressive rainout as temperature decreases. The moisture will eventually return to the
ocean mainly via surface runoff or subsurface discharge, though it may be delayed by recycling
via evaporation from lakes or transpiration from vegetation. Also shown on the ﬁgure are the
three ‘terrestrial reservoirs’ of water that are of importance to proxy formation: 1 – soil and
unsaturated zone moisture, 2 – groundwater, 3 – surface waters.

controlled simply by the carbon contents of environmental waters. However, many
proxies growing in aquatic environments will have carbon isotope compositions that can
be related back in various ways to the original water signal.
The underlying aim of this chapter is to demonstrate that changes associated with the
water cycle have implications for understanding the climatic information recorded by the
O, H and C stable isotope compositions of proxies. Constraints on the isotopic approach
are discussed in the ﬁnal section of the chapter.
Oxygen and hydrogen stable isotopes in precipitation
The global atmosphere provides a dynamic link between the major reservoirs of water
on Earth (cf. discussion above). Atmospheric water vapour is the primary vehicle
through which this link is accomplished. The mass of water vapour in the contemporary
atmosphere is estimated to be around 1.3×1016 kg, of which about 85% is located in
the lower troposphere, below the altitude of 5 km. The amount of water stored in the
atmosphere as water vapour is negligible when compared with the world’s oceans or
continental ice sheets, the corresponding mass ratios being approximately 10 –5 and
4×10 –4, respectively (Berner and Berner 1987). The atmosphere is only partially saturated
with water, with the globally averaged relative humidity of the lower troposphere below
the planetary boundary level being around 85%. This lack of saturation stems from the
existing thermal structure and large-scale circulation patterns of the troposphere.
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Distribution of water vapour in the lower atmosphere is highly inhomogeneous. It
is controlled by existing thermal gradients imposing phase changes (evaporationcondensation-freezing, sublimation-resublimation), as well as by the distribution of
major water sources on the Earth’s surface. In the stratosphere, photochemical reactions
such as oxidation of methane constitute the principal mechanism controlling spatial
distribution of water vapour. Expressed as a mixing ratio (kg H 2O per kg of dry air),
water vapour content decreases from approximately 10 –3 in the lower troposphere close
to the planetary boundary level, to around 3×10 –6 in the lower stratosphere and then
increases again to approximately 10 –4 at the altitude of 30 km. Close to the Earth’s
surface, it varies between approximately 1.5×10 –2 over tropical oceans to 5×10 –3 over dry
regions in the interior of continents and less than 10 –3 over ice sheets at high latitudes.
The reservoir of atmospheric water vapour is highly dynamic, quickly responding
to changes of external conditions such as the ﬂux of solar energy reaching the Earth’s
surface and/or changes of temperature lapse rate in the troposphere. The mean turnover
time is a useful quantity characterising dynamic behaviour of water vapour in the global
atmosphere. It is deﬁned as the ratio of the total mass of water in the atmosphere to the
ﬂux of water leaving the atmospheric reservoir as precipitation, and is equal to around
10 days.
Although being a trace constituent of the global atmosphere, atmospheric moisture
plays a crucial role in the global ecosystem behaviour. Firstly, it is the most important
greenhouse gas, responsible for approximately 60% of the natural greenhouse effect.
Secondly, atmospheric moisture serves as an important regulator of heat ﬂuxes in
the atmosphere, reducing thermal gradients between low and high latitudes. Thirdly,
atmospheric water vapour serves as the primary source material from which precipitation
is formed.
Isotopic composition of atmospheric water vapour
Interest in the isotopic composition of atmospheric water vapour goes back to the
beginning of isotope hydrology. In the early 1960s Craig and Gordon (1965) measured
the isotopic composition of atmospheric water vapour over the North Paciﬁc. During
the years 1966–67 and 1971–73, Ehhalt (1974) obtained a number of vertical proﬁles of
the 2H content in tropospheric water vapour up to the tropopause region over several
locations in the continental USA. In Europe, the 2H and 18O content in tropospheric
water vapour up to an altitude of 5 km was measured during 1967 and 1968 (Taylor
1972). These two sets of measurements remain to date the major source of information
about the vertical distribution of 2H and 18O in water vapour in the lower troposphere, the
region where most precipitation is formed.
A common feature observed was a gradual depletion in heavy isotopes with increasing
altitude up to the tropopause region, with a reversed trend detected within the stratosphere.
The generalised vertical proﬁle of δ2H in atmospheric water vapour is shown in Figure 2.
The 2H content decreases gradually with altitude from a δ2H value of –150 ± 50‰ close
to the surface to –650 ± 30‰ in the tropopause region, then increases up to –500 ± 50‰
at about 40 km altitude (Rozanski and Sonntag 1982; Johnson et al. 2001). Changes of
δ18O with altitude reveal similar characteristics.
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Figure 2. Schematic representation of the vertical distribution of deuterium content in atmospheric
water vapour in the troposphere and the lower stratosphere.

The observed distribution of δ2H and δ18O with altitude is currently explained as a
consequence of the following processes: (i) isotope fractionation (both equilibrium
and kinetic), associated with gradual condensation of atmospheric water vapour during
cloud formation and subsequent rainout processes, leading to preferential removal of
heavy isotopes from the reservoir of atmospheric moisture; (ii) turbulent mixing of
different air masses containing water vapour with contrasting isotope compositions;
(iii) addition of isotopically heavy moisture, originating in the evapotranspiration
process; (iv) lofting (upward advection) and subsequent evaporation of ice crystals; and
(v) oxidation of methane. The ﬁrst two processes are thought to be major mechanisms
controlling vertical distribution of δ2H and δ18O throughout the troposphere. Transpired
moisture modiﬁes the isotopic composition of atmospheric water vapour close to the
Earth’s surface (Jacob and Sonntag 1991; Bariac et al. 1991). Lofting of ice crystals
across the tropopause region was suggested as an important phenomenon inﬂuencing 2H
and 18O content in the lowermost stratosphere (Keith 2000). Photochemical oxidation of
methane in the middle and upper stratosphere is responsible for the observed increase of
water vapour content with altitude as well as the gradual increase of 2H and 18O content
in this region (Johnson et al. 2001).
Systematic studies aimed at characterising the isotopic composition of near-ground
water vapour on a regional scale were launched in the early 1980s in Europe. The
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isotopic composition of daily composite samples of atmospheric moisture was monitored
by a network of several stations across the European continent between 1980 and 1984
(Schoch-Fischer et al. 1984). One site (Heidelberg, Germany) has continued to do this up
to the present day (Jacob and Sonntag 1991; Agemar 2001) and has accumulated a unique,
high-resolution record of the 18O and 2H content of atmospheric water vapour spanning
more than two decades. During the 1990s the isotopic composition of atmospheric
moisture near the ground was further investigated, although these studies were usually
local in character and limited in time. The past several years have seen a renaissance of
interest in isotopic studies of near-ground atmospheric moisture, stimulated mostly by
the need for better understanding of the isotopic signatures of precipitation and the links
between the water and carbon cycles within the soil-plant-atmosphere domain.
Most observations of the isotopic composition of atmospheric water vapour carried
out to date have been performed at ground level, with moisture being sampled within the
planetary boundary layer. Very large short-term variability of the isotopic composition
of near-ground water vapour has been detected; day-to-day variations of 2H and 18O
content recorded at mid-latitude continental sites are often of the same magnitude as
seasonal changes, and are tightly linked to weather changes, reﬂecting the passage of
air masses with different rainout histories. This variability is particularly pronounced
during the winter months. The isotopic composition of atmospheric water vapour
recorded near the ground during the summer months reﬂects a signiﬁcant contribution
of transpired moisture, with the isotopic signature reﬂecting the mixture of summer
and winter precipitation. This has a damping effect on the short-term isotope variability
induced by synoptic changes during summer.
Isotopic composition of precipitation
Clearly the reservoir of atmospheric water vapour constitutes the primary source
material from which precipitation is formed. The available data suggest that the isotopic
composition of monthly precipitation, which is the basic type of data being collected
worldwide, properly reﬂects the mean isotopic status of the atmospheric water vapour
reservoir within the planetary boundary layer during these time intervals. Whilst this
holds for moderate climates, it may not be the case under semi-arid and arid conditions.
In contrast to the limited number of observations relating to the isotopic composition
of atmospheric water vapour, a sizeable amount of data on the isotopic composition
of precipitation is now available. Over more than four decades precipitation samples
have been measured through various research projects and monitoring networks
at temporal scales ranging from single minutes (fraction of individual rain event) to
monthly composite samples. Among the various initiatives to characterise the isotopic
variability in precipitation at global and regional scales, the Global Network for Isotopes
in Precipitation (GNIP), jointly operated by the International Atomic Energy Agency
(IAEA) and the World Meteorological Organization (WMO), is by far the largest
undertaking (http://isohis.iaea.org). The network was launched in 1960 with the primary
aim of providing basic information about the isotopic composition of precipitation on the
global scale.
Figure 3 summarises the major processes and mechanisms controlling the isotopic
composition of atmospheric water vapour and precipitation in the troposphere. They
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Figure 3. Schematic representation of the processes controlling the isotopic composition of
atmospheric water vapour and precipitation.

constitute a physical basis for understanding the observed spatial and temporal variability
of heavy isotope ratios in monthly precipitation to which the majority of available data
are related.
The ﬁrst step in the chain of processes depicted in Figure 3 is evaporation from the
ocean. Isotopic effects associated with this process are quantiﬁed in the framework of a
mechanistic model proposed by Craig and Gordon in 1965 (cf. the mass balance modelling
section of this chapter). The major controlling parameters are: isotopic composition of
the ocean surface, sea-surface temperature, relative humidity of the atmosphere, and
wind regime. Water vapour leaving the surface of the ocean is isotopically depleted in
comparison with oceanic water.
Marine moisture is transported, both vertically and horizontally, until saturation
conditions are reached and cloud formation starts. Partial condensation of water vapour
associated with this transport and cloud formation leads to further isotopic depletion
of the vapour, even without moisture loss via rainout, since the heavy water molecules
1 2 16
H H O and 1H1H18O are preferentially converted into water droplets or ice crystals. Incloud processes may involve fast advective upward transport with entrainment of moist
air from below, phase changes with formation of rain drops and/or snow/hail particles,
isotopic exchange between liquid and gaseous phases in the cloud, kinetic isotope
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effects during snow formation, removal of precipitation elements at the cloud base and
dissipation of dry air with isotopically depleted moisture at cloud tops.
The isotopic composition of rainfall collected at the ground surface appears to be
close to isotopic equilibrium with near-ground water vapour. This results from the fact
that raindrops leaving the cloud base continuously re-equilibrate isotopically with the
surrounding moisture on their way to the surface, the degree of this re-equilibration
being controlled by the size of the raindrops, the actual height of the cloud base and
the relative humidity of the atmosphere beneath the cloud. Solid precipitation (snow,
hail) is usually more depleted in heavy isotopes, reﬂecting equilibrium conditions at
much lower in-cloud temperatures. At sufﬁciently low condensation temperatures, the
isotopic composition of snow is inﬂuenced by an additional kinetic effect, linked to
supersaturation conditions around the forming snow ﬂakes (Jouzel and Merlivat 1984).
The ﬁrst comprehensive review of isotopic data gathered by the GNIP network,
carried out by Dansgaard (1964), resulted in the formulation of a number of empirical
relationships between the observed isotopic composition of monthly precipitation and
environmental parameters, such as surface air temperature, amount of precipitation,
latitude, altitude, or distance from the coast. Subsequent reviews of the GNIP database
(Yurtsever and Gat 1981; Rozanski et al. 1993) have largely conﬁrmed the early ﬁndings
of Dansgaard. It has become apparent that these empirical relationships, often called
‘effects’, can be viewed as a measure of the average degree of rainout of moist air masses
transported from the major vapour source regions (mainly intertropical ocean) to the site
of precipitation.
Spatial variability in the isotopic composition of precipitation
The spatial variability in the isotopic composition of precipitation is shown on global maps
of δ18O and δ2H on continents presented in Figure 4. The maps have been constructed
using the GNIP database as well as other available data and drawn using multivariate
interpolation techniques (Bowen and Wilkinson 2002; Bowen and Revenaugh 2003;
http://es.ucsc.edu/~gbowen/Isomaps.html).
The gradual depletion in the 2H and 18O content of precipitation from the tropics
towards mid- and high-latitudes, seen in Figure 4, can be understood as a result of the
progressive removal of water from the moist air masses being transported from the
tropical areas towards the poles. Typical δ18O values in coastal areas of Antarctica are
around –15 to –20‰ and close to the South Pole they reach about –50‰ (Ciais et al.
1995). Very negative δ18O values of around –20 to –26‰ are also found in the northern
part of Canada and in eastern Siberia (IAEA 2002; Kurita et al. 2004). The highest δ18O
and δ2H values are observed in eastern tropical Africa and the Arabian Peninsula.
Precipitation on oceanic islands and coastal, low-elevation continental areas in the
intertropical regions shows δ2H and δ18O values close to those of the ocean (typical
δ18O values are from –2 to –4‰) (Figure 4). These values usually represent the ﬁrst
portion of condensate from undisturbed marine moisture. More negative δ-values are
found in equatorial Southeast Asia and the West Paciﬁc, where high precipitation rates
may locally lead to a relatively high degree of rainout of the given air mass induced by
displacement of the Intertropical Convergence Zone (Rozanski and Araguas-Araguas
1995; Araguas-Araguas et al. 1998).
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Figure 4. The global maps of δ18O and δ2H in precipitation on continents, constructed using
the GNIP database as well as other available data and drawn using multivariate interpolation
techniques (http://es.ucsc.edu/~gbowen/Isomaps.html).

The lowering of temperature with increasing elevation in mountainous regions usually
leads to enhanced condensation and therefore to a progressive depletion in the heavy
isotopes of precipitation with altitude, known as the ‘altitude effect’. Such an effect is
well seen in Figure 4, along the Andes in South America and on the Tibetan Plateau.
The vertical isotope gradients in precipitation vary between –0.15 and –0.50‰ per
100 m for 18O and –1 to –4‰ per 100 m for 2H (e.g., Siegenthaler and Oeschger (1980);
Holdsworth et al. (1991)).
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Figure 5. The relationship between long-term annual means of δ18O and δ2H in precipitation,
derived for stations of the GNIP network.

The ‘amount effect’ is a well-known feature in oceanic islands and in coastal areas of
the tropical regions, where seasonal variations of temperature are minimal. It manifests
itself as an apparent correlation between the heavy isotope composition and the amount
of rainfall. It can be understood, at least partially, as a consequence of the extent of the
rainout process of deep convective clouds producing rainfall in these regions. Prominent
examples of this effect can be found in Southeast Asia and intertropical islands in the
Paciﬁc (Rozanski et al. 1993; Araguas-Araguas et al. 1998).
In mid-latitudes, a progressive depletion of precipitation in heavy isotopes with
increasing distance from the coast has been observed. It is interpreted as a consequence
of the gradual rainout of the air masses entering the continents (Salati et al. 1979;
Sonntag et al. 1983; Rozanski et al. 1993). The continental gradient in 18O content
observed in present-day European precipitation is around –2‰ δ18O per 1000 km
(Rozanski et al. 1982; Rozanski et al. 1993). A substantially lower isotope gradient has
been found in the Amazon Basin in South America. It has been attributed to intense
recycling of moisture within the basin by evapotranspiration (Salati et al. 1979; Gat and
Matsui 1991).
The δ2H – δ18O relationship
It is apparent from the isotopic maps shown in Figure 4 that the 2H and 18O contents
of precipitation are closely correlated. This close relationship between δ2H and δ18O is
observed on both regional and global scales. Craig (1961), in his survey of the 2H and 18O
contents of fresh waters world-wide, suggested the best ﬁt line of his data points:
δ2H = 8 δ18O + 10

(1)

be termed the ‘Global Meteoric Water Line’ (GMWL, also sometimes known simply as
the Meteoric Water Line, MWL, or the World Meteoric Line, WML). This relationship
is illustrated by Figure 5 which shows the long-term annual mean δ2H and δ18O values of
precipitation collected at the stations belonging to the GNIP network.
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The global δ2H–δ18O relationship is well understood. It has been demonstrated that the
intercept of the GMWL is controlled mainly by parameters of the evaporation process in
major source areas for atmospheric moisture (the subtropical oceans), whereas the slope
is determined, in the ﬁrst instance, by the ratio of equilibrium isotope enrichments for
2
H and 18O respectively (Dansgaard 1964; Merlivat and Jouzel 1979).
Signiﬁcant deviations from this global relationship are observed (Rozanski et al. 1993).
Deviations from the GMWL are found on a seasonal basis in many regions, mainly
due to enhanced partial evaporation of raindrops below the cloud base during summer
months and/or seasonally varying conditions in the source area(s) for the vapour. These
effects are responsible for Local Meteoric Water Lines (LMWL) with slopes lower than
8, constructed using monthly isotope data. The LMWLs may also differ substantially
from GMWL in cases where the atmospheric circulation regime of the given area varies
seasonally, bringing moisture to the precipitation site from two or more different sources
which may differ in both absolute δ18O and δ2H values and the ‘deuterium excess’ value
d, which is deﬁned as (Dansgaard 1964):
d = δ2H – 8δ18O

(2)

Slopes of LMWLs larger than 8 are found in areas where the air masses responsible for
the relatively enriched δ-values in rainfall are characterised by high d-values and the
isotopically depleted rains are below the GMWL (IAEA 1992).
Temporal variability in the isotopic composition of precipitation
Numerous studies have demonstrated or inferred that the isotopic composition of
precipitation may vary on wide temporal scales, ranging from single minutes to hundreds
of thousands of years. Isotopic studies of single rain events have revealed that in-storm
variations can be relatively large, reaching in some cases 10 to 12‰ in δ18O (e.g., Ambach
et al. (1975); Rindsberger et al. (1990)). The general conclusion of these studies is that
the isotopic composition of precipitation sample(s), representing the given rainfall event
in whole or part, depends strongly on the meteorological history of the air and speciﬁc
conditions in which the precipitation is produced, as well as the isotopic composition
of moist air through which it falls. Precipitation samples collected on a per-event basis
reveal a strong linkage between their isotopic signature and the storm’s track, structure
and evolution (e.g., Gedzelmann and Lawrence (1990); Smith (1992)).
Regular seasonal variations of δ18O and δ2H in precipitation are observed at midand high latitudes where seasonal variations of temperature are well developed. These
seasonal changes of δ18O and δ2H may result from the interplay of several factors:
(i) seasonal changes of the temperature at the precipitation sites leading to substantial
changes of the total precipitable water in the atmosphere with season, when compared to
the source areas; (ii) seasonal changes in the evapotranspiration ﬂux on the continents,
amplifying seasonal differences in total precipitable water; (iii) seasonal changes of
prevailing circulation patterns changing the origin of moisture. In the tropical regions,
where changes in air temperature are minimal, the seasonality in the 2H and 18O
content of precipitation may have its origin in seasonal displacement of the Intertropical
Convergence Zone (ITCZ) which controls the movement of moist air masses and induces
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Figure 6. The relationship between long-term trend curves of δ18O and surface air temperature
for two stations in central Europe (Vienna and Krakow), with the seasonal variation component
removed (see text for details of this). With a value of approximately 2.5‰, the long-term amplitude
in δ18O is only about one-third of the seasonal variation for both stations. The degree of correlation
between the stations suggests regional variations in climate. Based on GNIP data.

rainy period(s) at a particular site. In many cases, for the given amount of rainfall and
almost constant monthly temperature, large differences in the isotopic composition of
precipitation have been reported, depending on the season. This has been attributed to
the differing origins of the moisture that produces precipitation over the course of a
year.
Apart from well-established seasonal variations, the isotopic signature of precipitation
also exhibits some changes on longer timescales. The available instrumental record
of δ18O and δ2H in precipitation is still relatively short, reaching several decades for a
few sites only. Analysis of these records reveals that δ18O and δ2H ﬂuctuate also on a
decadal timescale, although amplitudes of these changes are signiﬁcantly smaller than
those observed for shorter timescales. Figure 6 is an illustration of this variability. The
trend curves of ∆δ18O and ∆T shown have been derived for two continental sites in
central Europe (Vienna and Krakow) from the available time series of monthly δ18O and
surface temperature data. First, the seasonal component was removed by calculating a
12-month running average of δ18O and temperature. Then, the differences ∆δ18O and
∆T were calculated for both stations by subtracting the running average curves from the
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long-term annual means. Finally, the resulting curves were smoothed by again applying
a 12-month running average. As Figure 6 shows, peak-to-peak amplitude of long-term
changes of δ18O is similar at both sites, reaching approximately 2.5‰. This may be
compared with the seasonal changes of δ18O at those stations of the order of 7–8‰. The
long-term ﬂuctuations of δ18O at both stations are well correlated (r2 = 0.52) suggesting
that the observed variations are of regional character.
On longer timescales, for which direct measurements are not available, information
about past variability of isotopic composition of precipitation can only be obtained from
environmental archives where such variations are preserved. The most straightforward
information is provided by ice cores drilled in large ice sheets as well as in continental
glaciers. Records of δ18O and δ2H in precipitation reaching back to the last glaciation are
now available for several low-latitude continental glaciers (Thompson 2001). In the case
of the Greenland ice sheet the information on δ18O and δ2H of precipitation goes back to
the last interglacial (ca. 240 ka BP), while in the case of Antarctic ice sheet it has recently
been extended back to 740 ka BP (Johnsen et al. 2001; EPICA community members
2004). The amplitude of glacial/interglacial changes in the isotopic composition of past
precipitation, recorded in ice sheets, is of the order of 6–7‰ in δ18O. For low-altitude
continental regions this change is usually signiﬁcantly smaller (up to 2–3‰), recorded in
archives such as groundwater (e.g., Darling (2004); Edmunds et al. (2004)) or carbonate
deposits (e.g., McDermott et al. (this volume)). In certain circumstances such archives
may provide information about the isotopic composition of precipitation on even longer
timescales, going beyond the Quaternary.
Links between climatic parameters and isotopic composition of precipitation
Stable isotope ratios of oxygen and hydrogen in water have long been considered powerful
tools in palaeoclimatology. The attractiveness of these tools stems from the fact that strong
apparent links exist between some climatically-relevant meteorological parameters,
such as surface air temperature or amount of rainfall, and the distribution patterns of
2
H and 18O in precipitation observed for present-day climatic conditions. Based on this
link, numerous attempts have been made to reconstruct past climatic changes from
records of the isotopic composition of ancient precipitation preserved, often via proxies,
in various environmental archives (glacier ice, sediments, groundwater, organic matter,
and others). However, quantitative reconstruction of past climatic changes from isotopic
records preserved in continental archives requires that the isotope palaeothermometer or
isotope palaeopluviometer be adequately calibrated for the timescales of interest.
Most important for palaeoclimatic reconstructions is an apparent link between the
isotopic composition of precipitation and surface air temperature (e.g., Fricke and O’Neil
(1999)). Dansgaard (1964) presented the empirical relationship between the annual mean
values of δ18O and δ2H of precipitation and local surface air temperature, derived from
the data gathered during the ﬁrst three years of operation of the GNIP network. The
relationship was developed for mid- and high northern latitude coastal stations and is
characterised by the isotope–temperature coefﬁcient equal to 0.69‰ per °C for δ18O and
5.6‰ per °C for δ2H (Rozanski et al. 1993). Although this relationship was frequently
used in the past for isotope-aided palaeoclimatic reconstructions, for the wide range of
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c1imates and timescales involved, doubts have often arisen as to whether spatial relations
between the isotopic composition of precipitation and climatic variables, derived from
present-day conditions, can be used with conﬁdence to interpret isotopic records of past
precipitation preserved in various environmental archives.
The available instrumental records of the 18O and 2H content of precipitation permit
the link between the stable isotope signature of precipitation waters and surface air
temperature (‘δ–T’) to be considered in three different ways:
i) A spatial relationship between the long-term (annual) averages of δ18O (δ2H) of
precipitation and surface air temperature for different stations. The slope of spatial
relationship for δ18O varies from about 0.8–0.9‰ per °C for high latitude areas to
virtually zero for tropical regions, where a strong correlation between δ18O (δ2H) and
the amount of precipitation is usually observed. For the European continent this slope is
equal to 0.58‰ per °C (Rozanski et al. 1992).
ii) A temporal relationship between short-term (seasonal) changes of δ18O (δ2H)
of precipitation and surface air temperature for a single station or a group of stations
in a given region. For mid-latitude stations of the GNIP network (40°N to 60°N) this
relationship has a slope of 0.32‰ per °C for δ18O (Rozanski et al. 1993). For tropical
regions this slope is c1ose to zero or even negative (the monsoon-type c1imate). It has
been argued that the δ–T coefﬁcients derived from seasonal cyc1es of δ18O (δ2H) and
temperature for mid- and high-latitude regions might be useful for palaeoclimatic
applications because they sample a wide range of different ‘c1imates’ (e.g., Siegenthaler
and Oeschger (1980); van Ommen and Morgan (1997)).
iii) A temporal relationship between long-term (interannual) changes of δ18O (δ2H)
and temperature for a ﬁxed location or a region. Analysis of long-term trends of δ18O and
temperature at a number of European stations resulted in an average δ18O–T coefﬁcient
of 0.63 ± 0.04‰ per °C (Rozanski et al. 1992). For the trend curves shown in Figure 6 the
resulting δ18O–T slopes are equal to 0.60 and 0.58‰ per °C, for the Vienna and Krakow
stations respectively. Validity of the δ18O–T coefﬁcient derived from precipitation
records has been conﬁrmed for the last 200 years through study of the δ18O of ostracodes
preserved in the sediments of Ammersee Lake in Germany (von Grafenstein et al.
1996).
The δ–T coefﬁcients based on interannual changes in δ18O (δ2H) and surface air
temperature are probably the most relevant as far as palaeoclimatic applications of
stable isotopes are concerned, as they reﬂect the long-term linkage between the isotopic
composition of precipitation and climate for a given area. However, the numerical
values of these coefﬁcients have been derived from relatively short instrumental records
(several decades) and the question arises to what extent they are valid for longer periods,
including major climatic shifts. Moreover, they most probably vary from region to region
(Rozanski et al. 1993).
Proper assessment of the temporal changes of long-term δ–T coefﬁcients is a vital
problem for calibration of the isotope palaeothermometer (Jouzel 1999; Jouzel et al.
2000). Several processes have been identiﬁed which may lead to long-term changes of
this relationship over time on a given area: (i) changes in the source region of moisture
(e.g., Boyle (1997)); (ii) global or regional changes of the isotopic composition of the ocean
(e.g., Shackleton (1987); Werner et al. (2000a)); (iii) changes of atmospheric circulation
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patterns shifting the sources and routes of air masses precipitating over the given site
(Charles et al. 1994); (iv) changes in seasonality of precipitation (Werner et al. 2000b).
Some insight into temporal variations in the δ–T relationship which occur on timescales
exceeding instrumental records has been gained through studies of ice cores. The δ18O
time series available for ice cores drilled in central Greenland has been compared with
the measured borehole temperatures. This comparison in the case of the GRIP ice core
yielded δ18O–T gradients of around 0.6‰ per °C for the Holocene and only 0.23‰
per °C for the last glacial transition (Johnsen et al. 1995). Somewhat different values
were obtained for the GISP2 ice core: from 0.25 to 0.46‰ per °C for the Holocene (the
higher values being for recent centuries) and 0.33‰ per °C for the last glacial transition
(Cuffey et al. 1995). It has been argued that, unlike for Greenland, present-day spatial
isotope gradients can be used as a surrogate of the temporal gradients to interpret
glacial–interglacial isotopic changes at sites such as Vostok and Dome C in central
Antarctica (Jouzel et al. 2003).
Long-term changes of temporal δ–T relationships can be addressed also through
studies of groundwater systems. While the isotopic composition of groundwater yields
information about the isotopic composition of past precipitation, the concentration of
noble gases provides information about recharge temperature which is directly linked to
the mean surface air temperature of the given area (e.g., Bath et al. (1979); Andrews and
Lee (1979)). Although there are some issues regarding the dispersion of isotopic signals
in groundwater (e.g., Stute and Schlosser (2000)), the groundwater archives allow the
assessment of variability in the stable isotope composition of precipitation as a function
of temperature from the perspective of major climatic changes during the last glacial–
interglacial cycle.
The link between the isotopic composition of precipitation and changes in climate
on timescales exceeding direct observations can also be addressed by General
Circulation Models (GCMs). They can be employed to simulate isotopic water cycles
(1H2H16O, 1H1H18O) on different spatial and temporal scales, including periods of major
climatic shifts (e.g., Jouzel et al. (1991, 1994); Hoffmann et al. (1998)). The simulated
changes in the global or regional isotope ﬁelds in precipitation can be compared with
predicted changes of climate (temperature). The GCM approach is being continuously
reﬁned and has been applied successfully in a number of studies aimed at better
understanding of the isotopic records preserved in continental archives. However, the
available GCMs still lack adequate resolution and computing power to provide continuous
reconstructions of changes in isotopic water cycles across timescales addressed in the
framework of palaeoclimatic reconstructions.
Outlook
It is apparent from the above discussion that the calibration of isotope palaeothermometers
for terrestrial environments remains to be fully achieved. It appears that long-term δ–T
gradients derived from analysis of instrumental records of the isotopic composition of
precipitation and temperature can be used, with care, to interpret isotopic records preserved
in environmental archives located at mid- and high latitudes, under a Holocene climate.
In the absence of sufﬁciently long instrumental records, spatial relationships derived
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for a given area can be used as a ﬁrst-order surrogate for temporal isotope gradients.
However, this approach may not be generally valid when the interpreted isotope records
cover periods of major climatic shifts, such as the last deglaciation period.
From precipitation to terrestrial water
The purpose of this section is to cover the fate of O and H isotopes in water in the
three terrestrial reservoirs described in connection with Figure 1 (with the exception of
lakes, which are considered in detail in the next section of this chapter). The necessity
for looking at transformation effects on isotopes is clear from the previous section on
precipitation, where it was shown that an alteration of 1‰ in δ18O can under certain
conditions represent a temperature change of as much as 3°C, a signiﬁcant amount in
palaeoclimatic terms.
Processes affecting inﬁltration
It is necessary for the discussion that follows to distinguish between inﬁltration (water
which enters the soil) and recharge (water which eventually reaches the water table of an
aquifer) as they are not usually synonymous, owing to the processes described below.
Soil physics
Under temperate climatic conditions, soil moisture is at a saturated state in winter but
not in summer, leading to the concept of ‘soil moisture deﬁcit’ (SMD). Where there is
an SMD, rainfall may be absorbed at the soil surface but is unable to move down against
pore pressure, and is therefore liable to be removed by evaporation or transpiration.
Allied to this is the concept of the ‘zero ﬂux plane’ (ZFP), the notional division between
water percolating downwards and water in liquid or vapour form travelling upwards.
When the SMD is fully satisﬁed, the ZFP will be at ground surface. In contrast, towards
the end of a dry summer the ZFP could be some meters below the surface.
Moisture in the layers of soil above the ZFP is most prone to isotopic effects because
of vaporisation. Under temperate climates it may be difﬁcult to use stable isotope ratios
to distinguish evaporative enrichment from transient storage of individual rainfall
events in the upper soil layers, though where both O and H isotope data are available the
position of the data on a δ-plot may provide a resolution. It is also worth bearing in mind
that different soil-water collection methods in the unsaturated zone may be sampling
“relatively more and less mobile components of soil water that may have different
histories and pathways” (Landon et al. 1999).
Effects of vegetation cover
Even before inﬁltration can take place, interception by leaves can lead to a certain amount
of re-evaporation and hence isotopic fractionation (the ‘canopy effect’: Gat and Tzur
(1967); DeWalle and Swistock (1994)). Re-evaporation is not the only effect of trees;
branches and trunks can be very effective at conducting rainfall as ‘stem ﬂow’ via root
channels to the underlying unsaturated zone without a prolonged residence in the shallow
soil zone where evaporation could affect it (Dawson 1993). While it is likely that much
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of this inﬁltration will be recycled by transpiration from the tree itself, the moisture may
subsequently be re-distributed in the soil by ‘siphoning’ (Smith et al. 1999), possibly
leading to complex isotopic changes in the soil moisture proﬁle (Adar et al. 1995).
Although it may vary with the type of precipitation from event to event, the magnitude
of canopy interception effects rarely seems to be extreme. The amount of evaporative
enrichment in throughfall, where directly measured, appears remarkably consistent under
different climatic conditions: 0.3‰ in δ18O for pine forest in southern Sweden (Saxena
1986) and Pennsylvania (DeWalle and Swistock 1994), 0.5‰ in δ18O for chestnut, oak
and cork in the south of France (Pichon et al. 1996), and of the same order for tropical
montane rainforest in Ecuador (Goller et al. 2005).
Indirectly-measured effects inferred from soil water measurements are of the same
order. Brodersen et al. (2000) showed that trees in the Black Forest cause enrichments of
just under 0.4‰ in δ18O, irrespective of whether they are coniferous or deciduous, while
Darling (2004) reported a case where ‘ventilation’ (position of a tree at the forest edge)
apparently contributed to a 5‰ increase in δ2H compared to soil moisture elsewhere in
a wood in southern England, equivalent to perhaps 0.7‰ in δ18O.
A corollary of the isotopically-enriching vegetation canopy effect is that tree or
scrub clearance should introduce a corresponding isotope depletion in soil moisture
compositions. This was found to be the case in semi-arid South Australia, where Allison
et al. (1985) measured soil proﬁles beneath dunes with and without native vegetation.
Midwood et al. (1993) noted a similar effect in southern Texas, but occurring in reverse
order as grassland was replaced by thorn woodland.
All forms of vegetation, whether plants or trees, must of course transpire to survive.
The balance of evidence suggests that under normal growth conditions the process of
transpiration is to a great extent non-fractionating (Zimmerman et al. 1967; Allison et al.
1984), so it might be thought to be of little importance in terms of isotopic modiﬁcation
of the inﬁltration which will become recharge. However, where rainfall has a strong
seasonal variation in isotopic composition, transpiration might be subtracting a component
of potential recharge. This would result in a divergence between the composition of
recharge and transpiration water, neither of which will be fully representative of bulk
rainfall. This needs to be considered in the interpretation of isotopic proxies such as δ2H
in tree rings (Epstein et al. 1976; White et al. 1985), and δ18O in leaves (Iacumin and
Longinelli 2002).
Evaporation from the soil
In arid or semi-arid conditions vegetation may be sufﬁciently sparse that interception and
transpiration are only very minor facets of the water balance. However, evaporation from
the soil surface layers then emerges as an important process in the isotopic modiﬁcation
of any rainfall which manages to inﬁltrate (e.g., Dincer et al. (1974)). Obviously, the
warmer and drier the climate the more evaporation, and therefore fractionation, will
occur. The depth to which soil moisture is signiﬁcantly affected is rarely more than
1–2 m below ground level (Barnes and Allison 1988), but within that range can give
rise to extreme evaporative enrichment. These enrichments will usually show some
seasonal changes as a result of the moisture balance. Figure 7 shows an example of this
from sequential soil proﬁles taken in the Negev desert of Israel (Sonntag et al. 1985).
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Figure 7. Sequential soil proﬁles of δ18O and soil moisture content (mc) taken in the Negev desert
of Israel. The proﬁles in January and February show inﬁltration from relatively-depleted winter
rainfall moving downwards in the proﬁle. By early summer, evaporation is driving the residual
moisture towards isotopic enrichment. By the autumn, inﬁltration is beginning again. Data from
Sonntag et al. (1985).

The proﬁles in January and February show inﬁltration from relatively-depleted winter
rainfall moving downwards in the proﬁle, with the ZFP not far from the surface. By
early summer, however, the dry conditions and increasing temperature mean that the
ZFP is moving down, while above it evaporation is driving the residual moisture towards
isotopic enrichment. Similar seasonal changes were observed by Liu et al. (1995) in the
desert of southern Arizona. There must therefore be a large margin of uncertainty over
the bulk isotope input to proxies relying on soil moisture under arid conditions. This
appears to apply as much to clay soils as sands, despite their higher moisture contents
(e.g., Mathieu and Bariac (1996)).
Some desert areas are zones of groundwater discharge rather than recharge. If the
outﬂow of water is great enough, these will be manifested as lake or wetland oases and
the usual surface-water evaporation dynamics will apply (see next section). However,
where outﬂows are low the production of ‘dry’ lakes is common. Cores taken in the lake
beds show the same extreme evaporative enrichment in near-surface moisture as found
in recharge zones, but below this there is a progressive depletion until the isotopic value
of the underlying groundwater is reached (e.g., Allison and Barnes (1985)). Because there
is no inﬁltration from rainfall events, there are no signiﬁcant seasonal ﬂuctuations in
isotope values at any particular level, though seasonal changes in atmospheric humidity
etc. may cause some variation in the maximum isotope enrichment.
In cases of both recharge and discharge, soil moisture from the shallowest depths
in the soil zone (say <25 mm) may actually show major isotope depletion (Barnes and
Allison 1988). The reason for this is that any soil moisture at such depths consists largely
of condensed water vapour, which must be depleted to preserve isotope mass balance
with the enriched water immediately below from which it originated.
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Aquifer recharge and the rainfall-groundwater isotope balance
Recharge through the unsaturated zone
It has been shown above that inﬁltration of rainfall is a process subject to transpiration
and evaporation. The combined effect of these factors varies with climate and soil or
rock type, but simple water balance methods reveal that typically around 30% of rainfall
becomes recharge under humid temperate climates, 10% in Mediterranean climates, and
0–5% under more arid climates (Gleick 2000). The high ‘wastage rate’ suggests there
could be profound effects on the isotopic composition of any precipitation surviving to
become recharge.
As illustrated above, evaporation has the most dramatic effects on soil-moisture
isotope compositions. While this may affect the isotopic composition of the moisture
before it is transpired by plants (e.g., Brunel et al. (1997)), it is equally apparent from the
low moisture contents involved that this soil water cannot be an important factor in the
overall water balance: either the rainfall event was too small to satisfy the SMD, or it was
large enough to provide recharge and the isotopically enriched soil moisture is merely
the remnant of percolating water. Transpiration has a greater but more insidious role in
modifying recharge, in that it may remove part of the annual rainfall before mixing can
occur. If the precipitation has a high seasonal variability in isotopic composition (see for
example Rozanski et al. (1993)), then there is the possibility of a missing component in
the isotopic balance of recharge. This may not necessarily mean summer growing-season
rainfall; it depends on the depth from which roots are extracting water. For example,
Robertson et al. (2001) found the best correlation for the δ18O values of cellulose from
oak trees in East Anglia (UK) was with rainfall of the previous December/January
period, when vegetation is dormant.
However, despite evaporation and more signiﬁcantly transpiration, studies have shown
that the isotopic modiﬁcation during the precipitation–recharge process is generally
small, within perhaps ~0.5‰ in δ18O of the bulk rainfall. This is almost irrespective of
climate: for example it applies in many parts of North America (Yonge et al. 1985; Clark
and Fritz 1997; Kendall and Coplen 2001), across Europe (Bath 1983; Eichinger et al.
1984; Deak et al. 1996; Gehrels et al. 1998; Kortelainen and Karhu 2004), Jordan (Bajjali
et al. 1997), India (Krishnamurthy and Bhattacharya 1991), West Africa (Mathieu and
Bariac 1996), East Africa (Nkotagu 1996), and Australia (Sharma and Hughes 1985).
Recharge by surface waters
The results of the above studies suggest that it is actually quite difﬁcult to cause much
isotopic bias or selection in rainfall-derived recharge. Mass-balance considerations
demand a sizeable input of energy to cause the necessary fractionation, but it appears
there is simply not enough of this energy (solar or other) available during normal areal
inﬁltration to cause much modiﬁcation via evapotranspiration, whatever the terrain or
climate. Solar energy is however much more available to surface waters, and it is among
the more slow-moving of these that the greatest evaporative effects are seen, usually
in lakes (see next section). While terminal (endorheic) lakes in discharge areas will
normally be the most affected, lakes in recharge areas are not immune and may pass on
evidence of their isotopic signatures to the groundwater. In more temperate areas the
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effects may persist for only a few km (Krabbenhoft et al. 1994) before they are damped
by areal rainfall recharge, but in warmer, more arid areas the effects may be evident for
tens of km and involve isotopic enrichments of many permil (δ18O) or tens of permil
(δ2H) compared to unmodiﬁed groundwater in the vicinity (Darling et al. 1996).
It is of course possible for river as well as lake waters to inﬁltrate the subsurface,
most easily via swallow holes in karstic terrain (Plummer et al. 1998; Perrin et al. 2003),
though generally this will cause relatively little isotopic modiﬁcation to the underlying
aquifer. The main exception to this would be rivers ﬂowing through arid areas, which tend
to lose water by inﬁltration in addition to evaporation. Examples include the Colorado
(Payne et al. 1979), the Niger (Fontes et al. 1991), and perhaps most-studied, the Nile
(Verhagen et al. (1991); Geirnaert and Laeven (1992); see also Figure 8). These effects
are seen to good advantage in the Gezira region of Sudan, immediately to the south
of the conﬂuence of the Blue and White Niles at Khartoum. The Niles have different
isotopic signatures owing to the different geographical origin of their waters, and this
enabled Farah et al. (2000) to detect river inﬁltration up to 12 km from the rivers, with
the White Nile being the greater contributor.
However, rivers do not necessarily lose or gain water over any particular reach for
the whole of a hydrological year. Seasonal changes in hydraulic gradient mean that
groundwaters near a river can show quite large changes in isotopic composition due
to reversals in ﬂow direction. This is particularly the case with large rivers having
major ﬂuctuations in ﬂow rate due to snowmelt: for example, Navada and Rao (1991)
found seasonal changes of up to 2.5‰ in δ18O for groundwaters within a few km of the
Ganges.
In arid areas it is common to ﬁnd lenticular aquifers underlying wadis, which are
recharged during ﬂood ﬂow. Depending on how long the waters were exposed to the
atmosphere, there may be greater or lesser amounts of evaporative modiﬁcation (Darling
et al. 1987; Clark and Fritz 1997). There is also the possibility of evaporation through the
unsaturated zone (Aranyossy et al. 1992; Clark and Fritz 1997).
Mixing with seawater
In coastal areas the possibility exists for mixing between fresh and marine waters,
with obvious implications for isotopic compositions. Where this is simple mixing of
groundwater and seawater, often resulting from intensive groundwater abstraction
or eustatic change (Rao et al. 1987; Edmunds et al. 2001), isotope values cannot be
more enriched than approximately 0‰, the mean ocean water value for both δ18O and
δ2H. Often, however, the situation will be more complex as groundwaters, rainfall and
seawater variously interact in lagoonal and sabkha settings, with evaporation frequently
giving rise to positive isotope values (Gat and Levy 1978; Manzano et al. 2001; Duane
et al. 2004).
Layered aquifers and stratiﬁcation
Depending on geological conditions, it is possible to have two or more aquifer units
underlying an area or region, each of which can have a different isotope composition
owing to combinations of factors such as differences in mode of recharge, catchment
altitude and residence time (e.g., Brown and Taylor (1974); Gonﬁantini et al. (1974)).
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Figure 8. Large contrasts in the O and H stable isotope composition of different reservoirs of
water are characteristic of arid regions. This δ-plot, based on a study carried out in the Butana
region of northern Sudan, demonstrates the effects of some of the processes outlined elsewhere
in this chapter. The observed isotope ranges are large: more than 30‰ in δ18O and over 100‰ in
δ2H. The data in the ﬁgure can be considered in terms of the three terrestrial reservoirs between
which water is distributed. Soil moisture (diamonds) shows extreme enrichment along the slope of
~2 typical of soil evaporation. Deeper unsaturated zone moisture is included in this category, and
trends back towards the shallow groundwater composition. There can be very little direct rainfall
recharge under such an arid climate, and the possibility exists that this trend is due to evaporative
discharge driven by the humidity gradient. Groundwater (squares) in the main part of the ﬁgure
divides into two populations: ﬁrstly the wadi aquifer, actively being recharged (via occasional
ﬂood events) by modern rainfall lying along the Khartoum meteoric water line (KMWL),
and secondly the regional aquifer in the underlying Nubian formation, which radiocarbon
measurements show was predominantly recharged during early Holocene pluvial episodes, and
which tends to conform to the Global Meteoric Water Line (GMWL). For each aquifer there
is evidence of isotopic modiﬁcation. For example, some wells in the wadi aquifer yield water
showing signs of evaporation. Whether this occurred before or after recharge is not clear; most
sampling points were large-diameter dug wells where in-situ evaporation might have occurred.
In the regional aquifer, the less-depleted groundwaters are evidence for mixing between old and
modern waters. Surface water (circles, inset) is shown in the form of the Nile, sampled seasonally
at Shendi. The large range in composition is due to the interplay between the strong evaporation
prevailing throughout the year in Sudan, and the depleted water ﬂowing down from the Ethiopian
highlands during the annual Blue Nile ﬂood in the late summer. Water from the Nile seeps into the
shallow aquifer, where it may mix with locally-recharged groundwater, giving rise to the range of
compositions measured. Data from Darling et al. (1987).
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Fracturing may then lead to waters from different aquifer units mixing and emerging at
the surface in springs with isotopic contents at variance with local meteoric recharge.
Age-related layering within single aquifer units has been recognised in a number of
studies (e.g., Edmunds and Smedley (2000); Chen et al. (2004)), and where the age proﬁle
spans the Holocene-Pleistocene boundary there is scope for signiﬁcant isotope gradients:
for example, Deak et al. (1993) found a 3‰ change in δ18O between the surface and a
depth of 160 m in an aquifer in southeast Hungary. Natural spring discharge from such
aquifers may represent various degrees of mixing.
Interception of recharge by caves and tunnels
As discussed above, once inﬁltration has passed through the soil into the unsaturated
zone it normally becomes recharge to the underlying aquifer. However, in karstic or
fractured-rock areas there is always the possibility that percolating water will ﬁnd its
way into cave systems or artiﬁcial excavations, giving rise to speleothem features. These
have been used as proxies in two ways: by interpreting the δ18O (and δ13C) in deposited
calcite (e.g., Schwarcz (1986)), and by attempting to measure more directly the δ18O and
δ2H in the original dripwater via ﬂuid inclusions (e.g., Ayalon et al. (1998)). Both these
aspects are covered in detail in McDermott et al. (this volume); the comments here are
concerned with the hydrology of the dripwaters.
Two potential difﬁculties arise with dripwaters. Firstly, there may be seasonal
selection of recharge; secondly, the altitude of recharge may not be known with certainty.
With regard to the ﬁrst, karst is not generally as effective as most other lithologies in
mixing percolating waters. Seasonal changes or selection effects have been observed in
dripwaters of the Villars cave (southwestern France) by Genty et al. (2002), in the B7
cave (western Germany) by Niggemann et al. (2003), and in Reed’s Cave (South Dakota,
USA) by Sereﬁddin et al. (2004). However, such effects are not inevitable under humid
temperate climates: for example, Williams and Fowler (2002) found no evidence for
either in a cave at Waitomo in New Zealand.
Warmer, drier conditions might be expected to affect isotope values in dripwaters.
The complexities of karst unsaturated zone behaviour in semi-arid terrain have been
demonstrated in relation to the much-studied Soreq cave of Israel (e.g., Ayalon et al.
(1998); Kaufman et al. (2003)). Two types of inﬁltration water were identiﬁed: fast ﬂow
(residence time of weeks) discharging from fractures in the cave roof during heavy
rainfall events in the wet season, and slow ﬂow in the form of speleothem dripwater
throughout the year (residence time tens of years). Generally the fast-ﬂow waters were
enriched 0.3–1.0‰ in δ18O compared to the bulk rainfall on the land overlying the cave.
Dripwaters tended to vary seasonally by about 1.5‰ in δ18O, and were themselves slightly
enriched relative to the fast-ﬂow waters; the seasonal variation has been preserved
despite the lengthy percolation time. There was however little evidence of evaporative
enrichment, so different selection processes for the fast and slow waters were proposed.
Another Mediterranean locality showed contrasting behaviour: at the Clamouse cave
in the south of France, dripwaters showed a remarkable consistency in their isotopic
composition over time (Genty et al. 2002), with values similar to modern groundwater in
the area (Dever et al. 2001) and to the weighted mean rainfall at the nearest GNIP station
(Barcelona), therefore showing no evidence of selection.
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Depending on the topography of the overlying land surface, altitude effects may play
a part in affecting the interpretation of dripwaters. For example, a comprehensive study
of water inﬂows to tunnels in Alpine crystalline massifs found that δ18O values tended
to be more negative than expected from the predicted catchment areas (Marechal and
Etcheverry 2003). This was attributed to geological structure directing recharge from
higher altitudes into the tunnel fracture systems. However, it was also noted that recharge
from rivers and lakes might cause local perturbations to the overall pattern. A study
on another deep tunnel within granite in the Central Alps concluded that isotopically
depleted winter precipitation and glacial meltwaters were important contributors to the
local groundwater ﬂow system (Ofterdinger et al. 2004).
In some cases speleothem deposits form in caves that are associated with the discharge
rather than the recharge end of a groundwater system, for example the Devil’s Hole
vein calcite deposit in Nevada, USA (Winograd et al. 1992; Quade 2004). In these
circumstances, not only is the usual uncertainty over recharge area compounded,
but residence time and the possibility of mixing between groundwaters of different
provenance also have to be considered.
Fluid inclusions and water of crystallisation
Fluid inclusions have already been referred to above in connection with speleothems.
However, many other origins are possible: for example during the formation of
evaporites (e.g., Knauth and Roberts (1991)), or in high-temperature hydrothermal
systems (e.g., Polya et al. (2000)). Typically their δ2H and sometimes δ18O compositions
are used to infer hydrological conditions during periods well beyond the Quaternary, but
diagenetic or other complicating factors can lead to rather imprecise conclusions about
the composition of contemporaneous meteoric waters.
There tends to be a mineral-dependent fractionation between water of crystallisation
and free water, but where the magnitude of this is known it is possible to draw broad
conclusions about groundwater ﬂuxes and timing from isotopic measurements of the
crystallisation water. Gypsum in particular has been used for this purpose (Halas and
Krouse 1982; Bath et al. 1987).
Runoff, discharge and effects on streams and rivers
Consideration of the water cycle diagram shown in Figure 1 reveals several different
discharge routes for any precipitation escaping initial evapotranspiration. While
some groundwater discharges directly to the sea, water also ﬁnds its way into surface
watercourses via overland ﬂow or after residence in the subsurface. In practice, overland
ﬂow of rainfall is relatively rare, relying as it does on highly impermeable conditions at
the ground surface. Under most climatic and geological conditions, a whole continuum
of ﬂowpath lengths is likely to contribute to streams and rivers.
From precipitation to river water
It has been mentioned in the second section of this chapter that rainfall can show
large variations in its isotopic composition even between individual events, let alone
seasonally. Yet inﬁltration appears to be very effective at mixing what will become

ISOTOPES IN WATER

25

recharge (see above). Therefore only that fraction of rainfall which ﬂows rapidly to a
river can conceivably have a much different isotope composition. In practical terms this
is not usually important. In the permeable lowland catchments of minor rivers there is
little variation in isotopic composition throughout the year (e.g., Lawler (1987); Darling
et al. (2003)). Even streams in relatively impermeable, ‘ﬂashy’ upland catchments often
fail to show much isotopic response to rainfall, whether under temperate climate (Sklash
and Farvolden 1979; McDonnell et al. 1991; Durand et al. 1993) or tropical rainforest
conditions (Goller et al. 2005).
Unlike for the more humid climates referred to above, arid-zone runoff can vary
considerably in its composition (up to 2‰ δ18O) on a scale of hours (Adar et al. 1998) to
days (Lange et al. 2003) because of the lack of damping in the catchment. However, the
general impersistence of this wadi-type ﬂow means that it is not on the whole important
in the growth of proxies.
A major factor affecting the isotopic composition of water reaching streams and rivers
in regions subject to cold winters is snowmelt. Where there is a signiﬁcant accumulation
of snow during the winter, a pulse of isotopically-depleted water can be detected arriving
in the upper parts of catchments during the spring (Sklash and Farvolden 1979; Herrmann
and Stichler 1980; Laudon et al 2004). In smaller river systems, depletions due to the
snowmelt pulse are generally within the range 2 to 4‰ in δ18O (Bottomley et al. 1986;
Schuerch et al. 2003). In larger rivers, depletions are smaller and it can take months
for the snowmelt pulse to pass down the river (Mook 1970; Rank et al. 1998) so that
proxies may be affected during their growing season (e.g., Ricken et al. (2003)). There
are however limits to the propagation of such pulses in recognisable form in continentalscale catchments (e.g., Winston and Criss (2003)).
The effects of evaporation on river and stream waters are difﬁcult to distinguish from
seasonal changes, particularly when a number of upstream tributaries are involved.
Given that residence time and surface area are important factors in evaporation, its
effect on river waters would not be expected to be as profound as on lake waters (see
next section). This appears to be the case: for example, after de-convoluting the effects
of tributaries, Simpson and Herczeg (1991) calculated that the maximum enrichment
of water in the Murray basin (Australia) was about 5‰ in δ2H, which would equate
to 1‰ in δ18O assuming a surface-water evaporation slope of 5. However, they also
calculated that irrigation return water contributed an approximately equal enrichment, so
anthropogenic factors can have important modifying effects. Where water is delayed in
natural or artiﬁcial lakes, scope for further isotope enrichment exists: Payne et al. (1979)
calculated that damming the Colorado River had resulted in evaporative enrichment of
some 2.5‰ in δ18O. In very large river systems there may be rather complex changes
as tributaries fed by snowmelt interact with lowland tributaries subject to evaporation
(e.g., Kendall and Coplen (2001); Winston and Criss (2003)). However, large changes in
isotope composition are not exclusively caused by snowmelt: strongly seasonal rainfall
can have a similar effect, as the example of the Nile shows (Figure 8).
Mixing of river waters
An additional complication in understanding isotopic compositions in major rivers is the
mixing – or lack of it – occurring when major tributaries join the main river. Differences
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in morphology, ﬂow characteristics etc. mean that the magnitude of incomplete mixing is
difﬁcult to predict. In cases that have been investigated, the downstream distance before
full mixing ranged from 50 km for the Main-Rhine conﬂuence at Mainz (Fritz 1981),
to at least 120 km for the Amazon tributaries Solimoes and Negro at Manaus (Matsui
1976), and 300 km for the Liard-Mackenzie conﬂuence in northern Canada (Krouse and
McKay 1971).
Springs
It may seem slightly perverse to include springs towards the end rather than the
beginning of a discussion on discharge, but in volumetric terms they are likely to be
unimportant contributors to river ﬂow, at least as far as visible manifestations are
concerned. (Admittedly there is no simple deﬁnition of what constitutes a spring; much
river baseﬂow will be the result of groundwater discharge in the river bed, whether in
visible form or not.) It is apparent from evidence discussed earlier in this section that
most groundwater is fairly well mixed during percolation through the unsaturated zone
and/or during residence in the aquifer, and therefore little variation in spring isotope
composition would be expected. The major exceptions are some springs or resurgences
found in karstic terrain. These sometimes consist of little more than surface water
that has spent only a brief period underground, and therefore tend to show stream-like
amplitudes of isotopic variation, typically 1–2‰ in δ18O (Flora and Longinelli 1989;
Winston and Criss 2004). However, not all karst springs show this amplitude of variation;
in particular the higher-volume outlets are often damped by mixing and dilution (Stewart
and Downes 1982; Nativ et al. 1999).
In nearly all cases springs will be discharging waters in the age range of a few years
to a few thousand years, simply because longer residence times are unlikely to occur in
actively circulating ﬂow systems. Such Holocene waters will generally carry the same
isotope signatures as present-day recharge. By contrast in the late Pleistocene, beyond
10,000 years before present, the colder climate resulted in groundwaters generally having
isotopic signatures depleted by anything from 1 to 10‰ in δ18O depending on location
(e.g., Darling (2004); Edmunds et al. (2004)). The vast majority of these data come from
borehole samples, and not all the aquifers are still being recharged and therefore actively
circulating. Nevertheless ‘palaeowater’ springs have been identiﬁed, in major aquifer
systems like the Nubian Sandstone of North Africa (Sturchio et al. 1996; Sultan et al.
1997) and the Great Artesian Basin of Australia (Mudd 2000; Love et al. 2000).
There are equally rare cases where spring waters contributing to streams and rivers
may have been isotopically modiﬁed in the subsurface. A prime example would be
discharges of thermal water which may be enriched in δ18O owing to mineral exchange
at high (>150°C) temperatures (the so-called ‘oxygen shift’) after passing through
geothermal systems (e.g., Fontes and Zuppi (1976)). Superimposed on this shift may
be some evaporative enrichment due to steam separation at the surface (Giggenbach et
al. 1983). However, high-temperature springs are not normally important in volumetric
terms, often discharging into non-thermal rivers which dilute away any unusual isotopic
characteristics. There may however be local effects within those rivers, for example as
observed in the Firehole River of Yellowstone National Park (Woodward et al. 2000).
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Figure 9. A decade-long record of δ18O in the Neusiedlersee, a steppe lake situated on the
Pannonian plain in eastern Austria, showing the sizeable displacement between local precipitation
and lake water isotope compositions caused by evaporative enrichment. After Rank et al. (1984),
with further data courtesy of D. Rank.

Wetlands
No discussion of isotopes in discharge would be complete without a mention of wetlands:
these can be important habitats for proxy species (White et al. 2001; Lambs and Berthelot
2002; Menot-Combes et al. 2002). However, it is difﬁcult to be prescriptive about isotopic
effects since wetlands vary greatly in their hydrology — indeed not all wetlands are
discharge areas. There is often a complex balance between groundwater, river water and
rainfall, and stable isotopes can at least be useful in unravelling it (Hunt et al. 1998).
Lake waters and mass balance modelling
There is an almost inﬁnite variety in the form and size of lakes studied for proxy
purposes, from upland tarns to the great lakes of tropical Africa and North America.
Hydrological context also varies, the balance between volume, surface area and residence
time revealing itself as a continuum between simple inﬂow-outﬂow systems and true
terminal lakes. The most profound isotope effects in lakes are due to the enrichment
produced by evaporation. Typically the residual waters lie along a slope of 5 on a δ-plot.
The precise gradient of the evaporation slope in a particular area is largely a function of
local humidity, while the amount of evaporation determines the amount of displacement
along the slope (Gonﬁantini 1986).
Lake water compositions may change fairly predictably on a seasonal basis, particularly
in temperate or boreal regions, or much less predictably in semi-arid areas subjected to
periodic droughts and ﬂoods. The magnitude of these changes typically ranges from
1–2‰ in δ18O in temperate regions, up to 4–5‰ where snowmelt is involved, and >10‰
for some Mediterranean and tropical lakes. Even at their most depleted, lake waters
are often several permil enriched over local bulk rainfall or river inputs (an example is
shown in Figure 9).
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Lake waters are not always well mixed. Vertical stratiﬁcation may give rise to isotopic
differences (Gonﬁantini 1986), though not usually as large as the seasonal changes.
Plumes from river inputs may show an isotopic contrast depending on the season.
Evaporation from very saline lakes is actually somewhat inhibited by thermodynamic
effects (Gonﬁantini 1986). Thus a water body like Lake Asal, a terminal lake well below
sea level and mainly fed by seawater, shows rather little isotope enrichment (Fontes et
al. 1980). Some lakes may dry out altogether, such as Lake Frome in South Australia
(Allison and Barnes 1985).
In general however highly saline, periodic or other ‘problem’ lakes tend to be avoided
for the study of proxies: the isotopic compositions of carbonates, cellulose and diatoms
in lake sediments are most useful to palaeoclimatic reconstructions where they record
ﬂuctuations in lake water isotope composition on a regular rather than event basis.
Smaller lakes seem to be preferred to large ones (Leng et al. this volume), presumably
because hydrological factors are more easily constrained. However, relating the inferred
lake water isotope values back to the original rainfall composition is not necessarily
straightforward, as earlier discussion suggests. The application of isotope modelling
techniques can help to resolve this.
Isotopic tracing of evaporation losses to the atmosphere
For an evaporating water body, isotopic fractionation occurs at the air–water interface
owing to slightly lower vapour pressures and attenuated rates of molecular diffusion in
air of 1H1H18O and 1H2H16O with respect to the common, light isotope species 1H1H16O.
This fractionation typically gives rise to evaporating moisture which is isotopically
lighter (depleted in 18O or 2H) relative to the remaining liquid, an effect which has been
exploited to study evaporation by several approaches, including: (i) tracing of evaporate
admixtures to the atmosphere based on changes in the isotopic signature of downwind
precipitation (e.g., Gat (2000)); (ii) measurement of isotopic gradients in the boundary
layer above evaporating surfaces (e.g., Wang and Yakir (2000)); and, (iii) tracing of heavyisotope buildup which occurs in the residual liquid, i.e., in water bodies (e.g., Gonﬁantini
(1986); Gat (1995)). The latter approach has by far the most common application owing
to the ease with which liquid water can be sampled in the natural environment. In this
case, isotope buildup is applied in conjunction with a mass-balance model to account for
atmospheric and water balance controls on the isotopic composition of lake water. The
high preservation potential of isotopic enrichment signals (mainly δ18O) contained within
inorganic and organic fractions of lake sediments, namely bulk carbonate, molluscs,
ostracodes, aquatic cellulose and biogenic silica, has also facilitated palaeohydrological
and palaeoclimatic reconstructions using this technique (Talbot 1990; Talbot and Kelts
1990; Edwards 1993; Holmes 1996; Li and Ku 1997; von Grafenstein et al. 1999; Ito
2001; Wolfe et al. 2001; Schwalb 2003; Leng et al. this volume). An overview of the
fractionation mechanisms and isotopic balance is provided below.
Isotopic fractionation during evaporation is practically described as the product of
fractionations occurring by exchange between water molecules in liquid and vapour (in
thermodynamic equilibrium), and diffusion of water molecules from the liquid to vapour
phase (i.e., kinetic or transport fractionation).
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For the case of a water body in thermodynamic equilibrium with the atmosphere,
when there is no humidity gradient, the equilibrium fractionation factor (α*) between
liquid and vapour can be represented as:
R
α* liquid-vapour = RL
(3)
V
where R L and RV are the ratios of heavy isotope species to the common isotope species
in liquid and vapour, respectively where R =

18
16

O or 2H , and α* > 1 such that the
1
O
H

rare, heavy isotope species is more abundant in the liquid phase. Isotopic differences
between coexisting phases are conventionally discussed in terms of isotope separation
factors. In this case the equilibrium isotope separation between liquid and vapour (ε*)
is given by:
ε* (‰) = 1000 (α* –1) ≈ 1000 ln α* ≈ δL –δV

(4)

and δL and δV are the δ-notation equivalents of R L and RV respectively.
Numerous laboratory measurements of ε* have been conducted for oxygen and
hydrogen over wide range of temperatures such that their values are reasonably wellconstrained for use in water balance studies. Currently, the equilibrium separations are
commonly evaluated using the empirical, experimental equations proposed by Horita
and Wesolowski (1994):
ε*18 ≈ 103 .ln α*(18O) = –7.685 + 6.7123 (103 /T)
–1.6664 (106 /T 2) + 0.35041 (10 9 /T 3) (‰)

(5)

ε*2 ≈ 103 .ln α*(2H) = 1158.8 (T 3 /10 9) –1620.1 (T 2 /106)
+ 794.84 (T /103) – 161.04 + 2.9992 (109 /T 3) (‰)

(6)

where T is the air–water interface temperature (K). These equations yield values only
slightly different from earlier laboratory experiments, including Majoube (1971) and
Bottinga and Craig (1969), in the range of temperatures expected for average evaporation
conditions (0 to 35°C). For example, one standard deviation of at 10°C is about 0.2 and
2.0 for oxygen and hydrogen, respectively, which is similar in magnitude to analytical
uncertainty. Notably, ε* values are solely temperature-dependent, and therefore are
substantially better-deﬁned than the analogous kinetic isotope separations εK (described
below).
For the case of evaporation into undersaturated air, the isotopic fractionation typically
exceeds equilibrium values due to kinetic effects. The total isotope fractionation α in
this case is:
α = α* αK

(7)
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where αK is the kinetic fractionation. Alternatively, this can be expressed as total isotope
separation given by:
ε = ε* +εK

(8)

where εK, the kinetic isotope separation, (and also αK) are controlled by the evaporation
mechanism.
Craig and Gordon (1965) ﬁrst proposed the use of a 1-D linear resistance model to
describe transport of the isotopic species through the boundary layer during constant
evaporation, i.e., constant vertical ﬂux with no convergence or divergence in the air
column. As summarised in Gat (1996) the model depicts transport of vapour through a
series of sublayers, including in order: a saturated sub-layer above the air/water interface,
where relative humidity h = 1 and the isotopic ratio in the saturated sub-layer according
to Equation (3) is RV = R L/α*; a boundary layer consisting of a diffusive sublayer and
turbulently mixed sublayer in which transport occurs by diffusion and turbulent transfer
respectively; and ﬁnally, the free-atmosphere where h = qA/qS, qA and qS being the speciﬁc
humidity in the saturated sublayer and the free atmosphere, respectively. Normally the
surface sublayer humidity is assumed to be 1 so that h = hA.
The Craig and Gordon model predicts the net evaporating moisture contribution to the
free atmosphere to be:
δE (‰) =

α* −1 (δL) − hδA –ε
1 – h + εK ·10 3
–

(9)

where δE, δL, and δA are the isotopic compositions of the evaporate, the liquid (assumed
to be well-mixed), and the free atmosphere, respectively (Gat 1996).
The kinetic isotope separation depends on both the boundary layer conditions and the
humidity deﬁcit according to:
εK = θ CK (1 – h)

(10)

where CK is the kinetic fractionation factor, θ is a mixing/advection index, and (1–h)
is the atmospheric humidity deﬁcit. For water balance applications εK has often been
evaluated with the assumption that θ = 1, using climate or micrometeorological data to
deﬁne h, and using CK values from wind tunnel experiments (e.g., Vogt (1976)). Typically
CK is speciﬁed to be in the range of 14 to 15‰ for oxygen and 12 to 13‰ for hydrogen,
representative of natural open-water bodies under fully-turbulent exchange conditions
(Gonﬁantini 1986, Araguas-Araguas et al. 2000). While experimental evidence has
suggested that CK can vary depending on the evaporation mechanism, increasing under
smooth to static transport conditions, these are not typical of open-water bodies in
a continental setting. However, two-fold higher CK values are typical of evaporation
through the unsaturated zone, a process which appears to closely mimic static transport
(Allison et al. 1983). The value of εK for open water bodies is therefore strongly humidity
dependent, varying between 2.9 and 7.2‰ for oxygen and 2.5 and 6.3‰ for hydrogen,
over the relative humidity range of between 80 and 50%.
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The mixing/advection parameter θ = (1–h')/(1–h), has been introduced for the special
case where the evaporation ﬂux contributes to humidity buildup in the free air, as observed
for the atmosphere on the leeward side of large water bodies (see also Gat (1995)). The
adjusted humidity h' is the humidity of the atmosphere following the admixture of
evaporate. In principle, θ also can be used to describe any situation where humidity
and sampling of vapour for isotopic analysis is conducted within the turbulently mixed
sublayer, rather than in the free atmosphere. The net impact of humidity buildup from
an evaporating water body is to limit the overall fractionation via reduction in εK and
increase in δE, as well as the over-riding inﬂuence of reduced evaporation.
Where the concentration of dissolved solids in lake water is sufﬁcient to affect the
thermodynamic activity of water, and where ion hydration and crystallisation may lead
to isotopic fractionation within the water body, it is necessary to use isotope activity
ratios rather than isotopic composition and to normalise the humidity according to the
thermodynamic activity of water. In general, activity of water is reduced substantially
only at high concentrations of dissolved solids, as in the case of brines: for example the
thermodynamic activity of seawater is only 0.98. Salinity effects may therefore be a
factor in surface water studies only if using water samples or isotopic proxies from inland
seas and sabkhas. Although coupling of the salinity with isotopic changes is a signiﬁcant
complication, use of archives such as brine inclusions in halite have been successfully
applied to reconstruct palaeoclimate in high-salinity systems (Horita 1990).
These basic fractionation mechanisms, incorporated within an isotope mass balance
context, are useful for prediction and interpretation of the isotopic behaviour of modern
water bodies and palaeohydrological archives. An overview follows of isotope mass
balance models for simple lake systems.
The isotope mass balance of lake water budgets and processes
For a shallow, well-mixed lake during the ice-free period (Figure 10), the water and
isotope balance may be written respectively as:
dV/dt = I – Q – E
VdδL + δLdV
dt

= IδI – QδQ – EδE

(11)
(12)

where V is the volume of the lake, t is time, dV is the change in volume over time dt,
I is instantaneous inﬂow where I = IF + IG + P, IF is surface inﬂow, IG is groundwater
inﬂow, and P is precipitation on the lake surface; Q is instantaneous outﬂow where
Q = QR + QG, QR is surface outﬂow and QG is the groundwater outﬂow; E is evaporation;
and δL, δI, δQ and δE are the isotopic compositions of the lake, inﬂow, outﬂow, and
evaporative ﬂux respectively (Figure 10a). Note that δQ and its subcomponents, δR and
δG will be similar and approximately equal to δL in well-mixed lakes.
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Figure 10. (a) Generalised lake balance schematic showing storage and hydrological ﬂuxes
and their isotopic compositions for a simple, well-mixed lake. Note that I is total inﬂow, P is
precipitation, R is surface and subsurface runoff; E is evaporation, Q is the isotopic composition
of outﬂow, V is lake volume, dV/dt is change in lake storage, and h is ambient atmospheric
humidity. Note that δ values refer to the isotopic compositions of the respective components.
δA and δL denote the isotopic compositions of ambient atmospheric moisture and lake water,
18
respectively. (b) Time series plot of δ O enrichment for two lakes in the same climatic region but
with differing values of x (evaporation/inﬂow). The scenario assumes an initial value for δ0 that is
isotopically depleted, typical of precipitation sources. δ* is the limiting isotopic enrichment under
18
2
local atmospheric conditions, δS is the steady-state isotope composition. (c) Plot of δ O vs δ H
depicting major controls on isotopic enrichment in lakes. A seasonal and non-seasonal scenario
both assume equilibrium between the atmosphere and precipitation. The seasonal scenario is
distinct in that isotopic signatures of inﬂow δI and precipitation during the evaporation season
(δPes) are signiﬁcantly offset due to the seasonality in evaporation rates, which enhances the slope
of the local evaporation lines (SLEL). Other inﬂuences that create disequilibrium between inﬂow
and atmosphere could similarly alter the SLEL from around 4. MWL = meteoric water line.

Substitution of the Craig and Gordon model (9) for δE into (12) yields:
V

dδL
dt

+ δL dV = IδI – QδL –
dt

−1
E
(α* δL − hδA – ε)
.
–3
1 –h + εΚ 10

(13)
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which can be further simpliﬁed if the lake maintains a near-constant volume
(dV / dt = 0):
dδL
dt

= – [(1 + mx)δL – δI – xδ*](I/V)

(14)

where x = E/I is the fraction of lake water lost by evaporation, and 1 – x = Q/I is the
fraction of water lost to liquid outﬂows. Here, δ0 is the initial isotope composition of the
reservoir, m is the temporal enrichment slope (Figure 10b; see also Welhan and Fritz
(1977); Allison and Leaney (1982)), deﬁned as:
m=

–3
h – 10 . ε
–3
1 – h + 10 . εΚ

(15)

and δ* is the limiting isotope enrichment (Gat and Levy 1978; Gat 1981) given by:
δ* =

hδA + ε

h – ε . 10

–3

(‰)

(16)

Integration with respect to δL, holding all other isotope and water balance parameters
constant, yields (Gonﬁantini 1986):
δL = δS –(δS –δ0)exp[–(1 + mx) (It/V)]

(17)

where the steady-state isotope composition approached by the reservoir over time is:
δS = (δI + mxδ*) / (1 + mx)

(18)

In the case where well-mixed lakes are not subjected to pronounced seasonal shifts in water
budget, or when seasonal ﬂuctuations converge on a relatively stable interannual balance
point, a lake can be described as attaining long-term isotopic (δL ≈ δS) and hydrological
steady-state (i.e., dV/dt = 0). The isotopic composition of inﬂow, especially for headwater
lakes is expected to be close to the isotopic composition of mean annual precipitation δP,
plotting close to the intersection of the MWL and LEL (Local Evaporation Line) (Figure
10c). In this situation, net displacement of δL from the MWL along the LEL is controlled
mainly by the fraction of water loss by evaporation:
x=

E
I

=

m(δL – δI)
(δ* – δL)

(19)

In the case of small lakes with pronounced isotope changes over one annual cycle, we
can deﬁne an ‘interannual steady-state’ which may be reached under constant year-to-
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year water balance conditions. For interannual steady-state composition in cold climates,
rates of evaporation E and inﬂow I should be deﬁned based on the annual average
values, rather than values based upon observations during the thaw season. Archives
may selectively record isotopic signatures during summer which can bias the record,
typically towards higher evaporation loss, especially in boreal regions.
Volume, residence effects and stratiﬁcation
Although lake volume does not exert a direct inﬂuence on the isotopic composition of
lake water in systems which are close to isotopic and hydrological steady state, it does
play a role in determining the temporal weighting of the isotopic signals that develop in
lake water and in related isotope archives. The temporal footprint of δL and hence δP is
fundamentally dependent on the residence time τ of water in a lake:
τ=

V
I

or x .

V
E

(yr)

(20)

which suggests that the isotopic composition of long-residence lakes, typically highervolume lakes, is likely to be weighted over longer time intervals as compared to shortresidence lakes, and for this reason display smoother records of changes. Lakes of
smaller volume will also tend to be more susceptible to short-term perturbations related
to ﬂood-drought cycles and other events. These effects may lead to signiﬁcant changes
in the lake volume which can complicate interpretation of the δL record. The rapidity of
readjustment of isotopic composition following perturbation events is also dependent on
the residence time of isotopes in the lake (see Horita (1990)).
In stratiﬁed lakes, or lakes with pronounced horizontal inhomogeneities, it may be
necessary to account separately for epilimnion and hypolimnion volumes and exchanges,
provided these have distinct isotope compositions. In modern systems, incomplete mixing
can be characterised by spatial and temporal sampling to bracket potential errors to any
desired level of precision, although this is not always practical. A simple approximation
for systems with similar epilimnion and hypolimnion compositions is to use an average
value to represent the undifferentiated lake volume. Neglecting stratiﬁcation can lead to
overestimation of the importance of evaporation loss if epilimnion sampling is conducted
during dry, stratiﬁed periods, and underestimation of evaporation loss if sampling is
conducted during wet, stratiﬁed periods. From the perspective of palaeohydrological
archives, isotopic records obtained from pelagic and benthic organisms, for example,
may exhibit differing isotope signatures which may be useful for examining stratiﬁcation
history. On the other hand, use of a single source archive may also lead to systematic
bias in the palaeohydrological record. Inﬂow bypass or short-circuiting of the system
may also reduce the effective volume of the lake during wet periods or reduce the
effective input in the opposite situation. Incomplete mixing within the lake itself is also
a potential source of error when applying the isotope mass-balance approach to large
lakes, although such uncertainty may be reduced by using multiple records of isotopic
changes in different parts of the lake. While to a large degree these propositions remain
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untested, some of the complexities have been considered in theoretical terms by Lewis
(1979).
Catchment runoff
One important application of lake isotope balance modelling, as suggested by Gibson
et al. (2002), is the tracing of long-term runoff or water yield from the catchment area.
Assuming that runoff from the catchment is equal to inﬂow to the lake minus precipitation
on the lake, then the runoff from the drainage basin (QDBA) can be calculated as:
QDBA =

{

EL
x

– PL

} DBA
LA

(21)

where EL (mm) is the lake evaporation rate, PL (mm)is the precipitation rate on the lake,
and LA/DBA is the ratio of the lake area to the drainage basin area which contributes to
the lake. This simpliﬁed model assumes a headwater lake setting whereby the isotope
enrichment signal is produced entirely by lake evaporation in the water body in question,
and not inherited from upstream water sources. In principle, this approach may be useful
for examining historical changes in runoff, but this remains to be thoroughly tested. In
more complex systems, such as non-headwater lakes or string-of-lakes drainage networks,
more detailed models are required to account for multiple sources and feedbacks (see
also Gat and Bowser (1991); Gibson and Edwards (2002)). Overall, it is important to
note that the δ18O or δ2H signals preserved in the palaeohydrological record will depend
signiﬁcantly on both climatic conditions and the hydrology of the lake and watershed.
A continuum of settings ranging from climatically-dominated (high throughﬂow, low x)
to hydrologically-dominated (closed basin, x ≈ 1) is expected based on theoretical
considerations, implying differential suitability of lakes for climatic reconstruction
(Figure 10c). Note that drying lakes (x>1) where inﬂow takes place once or sporadically,
often will not preserve a long-term continuous sedimentary record and are therefore not
expected to be well-suited to regional palaeohydrological reconstructions. Nevertheless,
more gradual drying or ﬁlling of lakes on climatic timescales (decades and longer) may
be represented using volume-variant versions of Equation (13) or step-wise hydrologic
steady state models (i.e., Equation (15)).
Practical considerations for modern and palaeoclimate applications
For quantitative isotope balance applications, model parameterisation is normally
achieved by using local climate to deﬁne humidity and temperature and, in turn,
applying standard temperature- and humidity-dependent equations (i.e., Equations (5),
(6) and (10)) to estimate the equilibrium and kinetic fractionations under the assumption
that exchange during evaporation is fully turbulent and advection is minor. For modern
studies, precipitation input is normally deﬁned using the GNIP database, other local
precipitation or groundwater database, or indirectly from proxy data or by inferring the
input values from the intersection of the local evaporation line and meteoric water line.
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The most difﬁcult parameter to measure or estimate is the isotopic composition of
atmospheric moisture. The two common approaches for deﬁning δA include evaporationﬂux-weighting (see Gibson (2002)) and the best-ﬁt approach, whereby δA is constrained
to fall on a precipitation-vapour tie line in δ-space (see Figure 10c), and to match the
slope of the local evaporation line given by:
SLEL = (δA – δP + ε/h) 2

/ (δA –δP+ ε/h)18

(22)

Note that the subscripts 18 and 2 refer to 18O and 2H, respectively. The latter approach,
which explicitly combines the two tracers, has been found to yield similar results to
evaporation-ﬂux-weighting for northern Canada, and adequately explains regional
trends in the slopes of local evaporation lines (Gibson et al. 2005). Palaeoarchives often
do not have sufﬁcient information to explicitly resolve all components of the isotopic
balance, but modern analogues have helped to develop more reasonable and realistic
scenarios for interpreting past conditions. For example, the application of isotope mass
balance to assess regional variations in water balance across the northern treeline in
Canada has provided new insight into modern water-balance variability in boreal, tundra
and transition areas (Figure 11), as well as better context for understanding the possible
range of conditions preserved in palaeoclimatic and palaeohydrological archives.
Dissolved carbon
Unlike oxygen isotopes in water, which represent the solvent itself and therefore have an
invariably dominant inﬂuence in the oxygen mass balance of an aqueous environmental
system, carbon isotopes represent a solute that is (or was) present in relatively minor
quantities. Carbon may be present in solutions in two basic forms: inorganic and organic,
in which there are many different species and compounds. Isotopic compositions
reﬂect their differing sources and subsequent transformations. Typically, dissolved
inorganic carbon (DIC) is present in terrestrial environmental waters (streams, lakes,
groundwaters) at concentrations up to 10 millimoles per litre. Dissolved organic carbon
(DOC) including dissolved volatiles, principally methane, as well as complex organic
molecules, is typically present at concentrations below 1–2 millimoles per litre but may
be much higher in certain environments such as peaty lakes and groundwaters. These
low budgets of carbon in terrestrial aqueous systems, relative to the dominance of the
aqueous oxygen budget, dictate that 13C/12C is more susceptible to external perturbations
at the time of formation or deposition of proxy media. Interpretation of 13C/12C isotope
signals must also consider the possibility of post-depositional exchange that would
compromise the validity of climate or environmental information.
This section describes: (i) the δ13C compositions of the various inorganic and organic
sources of carbon that are in contact with terrestrial waters; (ii) the interactions of these
C sources with water and thus the processes that relate the δ13C of waters to the δ13C of
sources; (iii) the δ13C compositions of DIC which is the dominant or partial precursor
for most of the carbon-bearing proxy media such as carbonates, plant material and
biogenic solids; and (iv) the δ13C of DOC that may have contributed in various ways to
the preserved proxy media.
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Figure 11. Gradients observed across the northern treeline in central Canada including (a) measured
δ18O in lake water and interpolated δ18O in precipitation based on the Canadian Network for
Isotopes in Precipitation database, and (b) modelled watershed losses by evaporation (expressed
as evaporation/inﬂow ratios (E/I %) based on steady state δ18O mass balance (Equation 19). Note
that gradients in the isotopic composition of lake water are larger than variations in precipitation
which is attributed to higher evaporation losses at lower latitudes. Gibson and Edwards (2002)
applied this dataset to quantify the frequency distribution of water budgets in boreal forest,
transitional and tundra regions. Evaporative enrichment signals (δL – δP) were also used in a subset of lake basins to partition evaporation and transpiration losses.
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Figure 12. The δ13C ranges for dissolved carbon and its sources (scale in permil with respect to
VPDB).

Carbon sources in contact with terrestrial waters
A summary of the δ13C ranges of potential inorganic and organic carbon sources for DIC
and DOC in environmental waters is shown in Figure 12.
Atmospheric carbon: carbon dioxide and methane
Historical abundances of atmospheric carbon dioxide (CO2) within the last 20 Ma have
been lower than modern values: for example around 200 ppmv (parts per million by
volume) at the Last Glacial Maximum (LGM) and 280 ppmv in the pre-industrial period
(IPCC, 2003). Since the industrial revolution, atmospheric CO2 has increased to 380
ppmv in 2004 (NOAA data, see http://www.cmdl.noaa.gov/ccgg/insitu.html), rising
by 20% in the past 50 years. The δ13C of atmospheric CO2 was around –6.7‰ when
ﬁrst measured in the mid-1950s, and had decreased to –7.2‰ in 1979 and –8‰ in 1995
because fossil fuel burning adds isotopically light C (Keeling et al. 1979; 1980; 1995).
This historical shift in δ13C is correlated with a decrease in atmospheric radiocarbon
(14C), also reﬂecting the addition of fossil C (the ‘Suess effect’; Keeling (1979)). Shortterm seasonal ﬂuctuations of δ13C are superimposed on the long-term anthropogenic
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shift due to variations in the rates of CO2 uptake and release by the biosphere (Keeling
et al. 1995).
Methane (CH4) in the atmosphere has also increased over time, from around 390 ppbv
(parts per billion by volume) at the LGM to 650 ppbv in pre-industrial times and 1750
ppbv today (NOAA data, see http://www.cmdl.noaa.gov/ccgg/insitu.html). The isotopic
composition is around –47‰ (Tyler 1986; Cicerone and Oremland 1988). However
the atmospheric abundance is so low that, for dissolved methane to be signiﬁcant for
the content and isotopic composition of carbon in terrestrial waters, there must be an
additional dominant terrestrial source of CH4 such as reductive degradation of organic
material.
Carbonate minerals
Carbonate minerals are in many cases the most important contributor, directly or
indirectly, to DIC in terrestrial waters. The 13C/12C ratios of carbonate minerals are
determined by their origin and possible post-depositional alteration. However the likely
dominance of carbonate-carbon in most environments means that signiﬁcant alteration
of 13C/12C occurs only in extreme environments or with prolonged exchange.
Marine carbonates have δ13C values of ~0‰, with a range from –2 to +3‰ depending
on age, depositional environment and mineral phase. Non-marine carbonates have δ13C
values reﬂecting closely the isotopic compositions of waters (lake waters, groundwaters,
streams) from which they precipitated. They may be biogenic carbonates in lake
sediments, diagenetic intergranular or vein carbonates in rock formations, evaporitic
deposits in arid playas, speleothems, or tufas in streams in limestone terrains. Typically,
δ13C values in these environments are in the range –20 to +5‰, though values outside this
range are quite possible in special cases representing extremes of, for example, biological,
evaporitic, hydrothermal or cryogenic activity in the hydrological environment (e.g.,
Stiller et al. (1985)). It may be noted that, in addition to carbon origin and temperature,
pH of the depositional environment is also a factor in determining the δ13C of freshwater
carbonates relative to dissolved carbonate in source water because of the pH-dependence
of dissolved carbonate speciation and thus of isotopic fractionation (Clark and Fritz
1997).
Organic matter including hydrocarbons
Plant material has δ13C values ranging from about –38 to –8‰, dividing into narrower
ranges for each of the photosynthetic pathways: –38 to –22‰ for C3 plants, –15 to –8‰
for C4 plants, and –30 to –13‰ for CAM plants (Deines 1980; Yeh and Wang 2001). The
C3 pathway (‘Calvin cycle’) dominates in terrestrial ecosystems, especially in temperate
and high-latitude regions and typically produces plant material with δ13C values of
–27‰. The C4 pathway (‘Hatch-Slack cycle’) is prominent in tropical and savannah grasses
and typically produces plant material with values of –13‰. The CAM (Crassulacean
acid metabolism) cycle occurs mostly in succulents in arid ecosystems and essentially
involves diurnal switching between C3 and C4 pathways leading to intermediate δ13C
values.
Coals, peats and intermediate deposits have δ13C values between –39 and –20‰ which
are within the range found in modern-day plant material (see above). Organic material
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in non-marine sediments, derived from ancient plant material, also has a similar range
of compositions. For example, organic carbon in sediments in a freshwater lake in New
York State was measured at –27±1‰ and depth-dependent breakdown of this material
by methanogenesis followed by methane oxidation was interpreted to be responsible
for variations in the δ13C of DIC from –16 to +6‰ at different locations in the water
and shallow (<10cm) sediment proﬁle (Herczeg 1988). Fossil organic carbon in marine
sediments has a narrower range of δ13C from –27 to –19‰ (Hoefs 1973; Deines 1980).
Liquid hydrocarbons, i.e., bulk oils, have δ13C values in the approximate range –32 to
–21‰, mostly around –28‰ (Deines 1980). Volatile hydrocarbons, principally methane,
have a wide range of δ13C values from –80 to –25‰ reﬂecting the diversity of sources
and pathways of formation (Deines 1980). Essentially these divide into biogenic
methane in shallow geosphere environments and young sediments (–80 to –50‰ δ13C)
and thermogenic methane associated directly or indirectly with oils or coals at greater
depths (–50 to –25‰ δ13C) (Schoell 1980; 1984).
Interactions of carbon sources with water
Geochemical reactions and exchanges
Carbon dioxide in a gaseous phase dissolves in water according to Henry’s Law
partitioning, i.e., Csoln = K H PCO2, where K H is the Henry’s Law constant and PCO2 is
the partial pressure of CO2. Dissolved CO2 then becomes part of the system in which
DIC is distributed among pH-dependent species HCO3– and CO32–:
CO2 (g) ↔ CO2 (aq)
CO2 (aq) + H2O ↔ HCO3 – + H+
HCO3 – ↔ CO32– + H+
In general, it can be assumed that chemical exchange between the DIC species is
rapid relative to the rate of dissolution and exchange between gaseous and dissolved
CO2. Exchange between gaseous CO2 and dissolved CO2 may be signiﬁcantly slower,
for example at the air–water interface of the ocean, a lake or a stream (e.g., Zhang et
al. (1995)). The rate and spatial scale of equilibration may be controlled by rates of
advection or diffusion of CO2 towards the interface and/or across the interface. Thus
a perturbed or ‘rough’ interface may exchange CO2 more efﬁciently than a calm,
undisturbed interface.
Reaction between the DIC system in solution and solid carbonate phases normally
occurs until carbonate dissolution-precipitation equilibrium is achieved, for example
with respect to calcite:
CaCO3 ↔ Ca2+ + CO32–
The forward reaction, calcite dissolution, is dominated under normal environmental
conditions by a reaction involving dissolved carbon dioxide:
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CaCO3 + CO2 + H2O → Ca2+ + 2HCO3–
whilst the reverse reaction, calcite precipitation, involves loss of CO2. The stoichiometry
of these reactions in the DIC system is the background for understanding the consequent
13 12
C/ C fractionations (Deines et al. 1974; Plummer 1977).
Geochemical equilibrium and reaction models calculate DIC speciation and simulate
carbon isotope ratios in DIC based on isotopic fractionation and mass balance in relation
to mineral dissolution and secondary mineral precipitation (Reardon and Fritz 1978;
Wigley et al. 1978; Fontes and Garnier 1979). Although these were aimed primarily at
using δ13C data to estimate the extent of radiocarbon dilution by 14C-dead, carbonatederived C, they provide fairly rigorous numerical descriptions of the various pathways
for evolution of DIC, taking account of equilibrium or non-equilibrium and opensystem or closed-system behaviours. The widely-used geochemical modelling program
PHREEQCI uses carbon isotope mass balance as a constraint on inverse modelling of
water compositions (Parkhurst and Appelo 1999).
Interactions between water and CH4, or other organic C sources, vary from simple
dissolution to oxidation to CO2. DIC in groundwaters in unconﬁned aquifers in glacial
sediments in Canada has occasional anomalously high δ13C values because of a small but
signiﬁcant contribution of CO2 produced by microbial fermentation of organic material
to CH4 and CO2 (Fritz et al. 1978; Barker and Fritz 1981). Dissolved CH4 may have this
type of provenance or be the product of microbial reduction of DIC. Higher organic
compounds in water are closely related to their parent solid organics and thus are similar
is isotopic composition.
Isotopic fractionations
Knowledge of isotopic fractionations is essential for relating δ13C in a proxy indicator of
palaeoclimate or palaeoenvironment to the precursor carbon source. Values of δ13C in
DIC or DOC and of a proxy that has grown from these aqueous carbon reservoirs tend to
be dominated by the compositions of non-aqueous reservoirs modiﬁed by fractionations
between them. This happens because aqueous C budgets are generally much lower than
those in co-existing solid and/or gaseous phases.
The magnitudes of isotopic fractionations between the various chemical species of
dissolved or gaseous carbon are generally determined by carbon bond strengths and phase
transformations, so that gaseous or aqueous CO2 in equilibrium with dissolved carbonate
ions gives rise to the greatest fractionation towards light isotope ratios. Solid calcium
carbonate is isotopically heavier than dissolved ionic carbonate ions with which it is in
equilibrium, though the magnitude of fractionation is much less. Isotopic fractionations
between carbon species may be at equilibrium or they may be affected by non-equilibrium
kinetic processes. Kinetic effects are more likely in irreversible reactions, for example
between solids and dissolved forms, or where microbial intervention occurs.
Figure 13 illustrates the equilibrium fractionations between the primary solid, dissolved
and gaseous forms of carbon. Isotopic fractionation between CO2 (g) and CO2 (aq) is
about –1‰, so the δ13C value of dissolved CO2 in equilibrium with atmospheric CO2
(–8‰) is expected to be around –9‰. Bicarbonate ion, HCO3–, in isotopic equilibrium
with dissolved CO2 at –9‰ is around +1 to +2‰ δ13C. Values of δ13C for DIC in surface
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Figure 13. Equilibrium fractionations between the primary solid, dissolved and gaseous forms of
carbon, based on data sources as set out in Table 1.

waters are not controlled simply by equilibrium fractionation with atmospheric CO2 and
are usually more negative than these values. There are other sources of DIC in surface
waters, such as respiration of soil organic matter and dissolution of carbonates, that are
quantitatively of more signiﬁcance than atmospheric CO2.
Precipitation of carbonate minerals from solution may take place rapidly, far from
chemical equilibrium, introducing the possibility of isotopic disequilibrium between
DIC and precipitated carbonate. The extent to which 13C/12C fractionation is affected
by carbonate precipitation kinetics varies from case to case and between experimental
observations and interpretations of natural systems. In some experiments, kinetic
fractionation factors decrease as the precipitation rate increases (e.g., Turner (1982))
and in others fractionation is independent of precipitation rate (Romanek et al. 1992;
Jimenez-Lopez et al. 2001).
Another possible cause of kinetic isotope fractionation during calcite precipitation is
outgassing of CO2, though reported deviations from equilibrium fractionation are small
in normal hydrological environments. Carbon isotope studies of modern speleothems in
Barbados show that most calcite is close to or at isotopic equilibrium with DIC (Mickler
et al. 2004). Deviations from equilibrium fractionation are around ±1‰ δ13C and
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were attributed to both precipitation kinetics and degassing of CO2. Similarly, calcite
precipitation from a spring in the French Pyrenees was found to occur with virtually no
isotope fractionation (Dandurand et al. 1982). Kinetic fractionations that are even greater
than the maximum theoretical values may occur in extreme environments. Outgassing of
CO2 as evaporating waters evolve towards brines in the Dead Sea is associated with nonequilibrium isotope fractionation. Experimental 13C/12C fractionation between CO2 (g)
and DIC in Dead Sea brine has been measured at –16.2 to –18.2‰, which is greater
than the maximum theoretical kinetic fractionation of –11.2‰ for diffusion-controlled
degassing and the fractionation of around –11‰ that is typical for CO2 (g)-DIC in ocean
water (Stiller et al. 1985; Inoue and Sugimura 1985; Zhang et al. 1995; Barkan et al.
2001).
In many natural systems, some or all of the dissolved carbon has entered solution
by non-equilibrium processes that involve kinetic isotope fractionations or irreversible
stoichiometric dissolution (Dandurand et al. 1982; Usdowski and Hoefs 1986; Clark
et al. 1992; Zhang et al. 1995; Skidmore et al. 2004). Simple dissolution of calcium
carbonate usually proceeds without any signiﬁcant isotope fractionation because it is a
stoichiometric and irreversible mass transfer from solid to solution. Kinetic fractionation
up to –17‰ was found in experimental dissolution of ﬁne-grained carbonate from glacial
sediments (Skidmore et al. 2004). The fractionation was found to vary with the water:
solids ratio and to decline with increasing contact time.
Complex biogeochemical pathways and microbial transformations can result in
substantial fractionations in their contributions to DIC and resulting biomass and/or
carbonate deposits. For example, microbial mats that encrust travertine deposits at hot
springs in Yellowstone, USA have variable δ13C composition of total biomass from –16
to –28‰. Within this material, speciﬁc lipids have δ13C values from –12 to –37‰. The
carbon source for all of this material is CO2 , from the atmosphere (–7 to –8‰) and the
geothermal source (–5‰), so large fractionations are occurring during the growth of
biomass (Zhang et al. 2004).
Dissolution of minor water-soluble components such as humic and fulvic acids
from complex organic sedimentary material is likely to involve little if any isotopic
fractionation unless extensive microbiological mediation is involved (Wassenaar et al.
1991). Thus DOC is likely to inherit a δ13C composition similar to its parent organic
material, i.e., close to –25‰.
Microbial reduction of inorganic carbon or of higher molecular weight organics to CH4
produces a large negative fractionation of 13C/12C. Equilibrium fractionation between
CH4 and CO2 is around –74‰ based on theoretical calculation (Bottinga 1969). Actual
fractionation may be larger or smaller for microbial pathways from inorganic or organic
sources (Schoell 1980; Deines 1980). Isotopic fractionation during production of CH4
leaves the source inorganic carbon isotopically enriched which may have a signiﬁcant
effect in the inorganic carbon system depending on the mass balance between product
and source compounds (Thorstenson et al. 1979; Barker and Fritz 1981; Aravena and
Wassenaar 1993).
Typical 13C/12C fractionations for environmentally-relevant processes involving
inorganic and organic carbon in aqueous, gaseous and solid phases are compiled in
Table 1.
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Table 1. Compilation of typical 13C/12C fractionations for environmentally-relevant processes
involving inorganic and organic carbon in aqueous, gaseous and solid phases. Fractionation
values are tabulated as δ13C differences or experimental fractionation factors ε, depending on
how reported in the data source.
Process

Typical fractionation (‰)

Examples

Precipitation of calcite
at neutral pH and in
isotopic equilibrium

+3 to +0.1 (CaCO3 –HCO3)
+2.3 to +1.8 (CaCO3 –HCO3, 25°C)

Salomons and Mook 1986;
Emrich et al. 1970;
Wendt 1971; Turner 1982

Precipitation of calcite
at alkaline pH and in
isotopic equilibrium

+1.0 ± 0.2 and +0.94 ± 0.06 (CaCO3 –HCO3, 25°C)
+9.0 and +8.9 (CaCO3 –CO2 , 25°C)

Romanek et al. 1992;
Jimenez-Lopez et al. 2001

Precipitation of calcite
and aragonite in isotopic
equilibrium

–1.4 (calcite–aragonite, 25°C)

Turner 1982

Precipitation of aragonite +2.7 ± 0.6 (CaCO3 –HCO3, 25°C)
at alkaline pH and in
+10.6 (CaCO3 –CO2 , 25°C)
isotopic equilibrium

Romanek et al. 1992

Precipitation of siderite
at neutral pH and in
isotopic equilibrium

+17.5 (FeCO3 –CO2 gas)
+10 (FeCO3 –CO2 gas, 30°C)
+7.5,+13.3 to +14.5 (biogenic FeCO3 –CO2 gas,
45/30°C)

Golyshev et al. 1981;
Carothers et al. 1988;
Zhang et al. 2001;
Romanek et al. 2003

Precipitation of siderite
at alkaline pH and in
isotopic equilibrium

+0.5 ± 0.2 (FeCO3 –HCO3, 25°C)
+8.5 ± 0.2 (FeCO3 –CO2 , 25°C)

Jimenez-Lopez and
Romanek 2004

Outgassing/dissolution/
exchange of CO2 in
carbonate solution
at neutral pH and in
isotopic equilibrium

–10.2, –9.4 to –9.7 (CO2 gas –HCO3)
+0.3 to +1.1 (CO2 gas –CO2 aq)

Wendt 1968;
Emrich et al. 1970;
Mook et al. 1974;
Friedman and O’Neil 1977;
Szaran 1997;
Zhang et al 1995;
Vogel et al. 1970

Outgassing/exchange
of CO2 from carbonate
solution at high pH and
in isotopic equilibrium

–7.3 to –9.2 (CO2 gas –CO3)
–5.0 ± 0.2 (CO2 gas –CO3, 25°C)

Deines et al. 1974;
Thode et al. 1965;
Halas et al. 1997

Diffusive exch. between
atmos-pheric CO2 and
DIC in seawater

–11 (CO2 gas –DIC)

Zhang et al. 1995

Uptake of CO2 into
hyperalkaline water

~–20, –19.5 18°C (CO3 –CO2 gas)

Clark et al. 1992;
Usdowski and Hoefs 1986
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Table 1 continued
Process
Movement of respired
CO2 through soil

Examples

Typical fractionation (‰)
~+4 (CO2 in soil –CO2 ﬂux at soil surface)

Cerling et al. 1991;
Davidson 1995

Mickler et al. 2004;
Precipitation of calcite ~0 ± 1 (CaCO3 –DIC)
with CO2 outgassing not +0.3 to +3.4 with decreasing precipitation rate (25°C) Dandurand et al. 1982;
Turner 1982
in isotopic equilibrium
Precipitation of calcite
from evaporating brine

–16.2 to –18.2 (CO2 gas –DIC)

Stiller et al. 1985; Barkan
et al. 2001

Precipitation of CaCO3
and outgassing of CO2
from freezing seawater

–2 to –20 (Clost – Cremaining)
(–2 for outgassing + precipitation,
–20 for outgassing only)

Papadimitriou et al. 2004

Dissolution of calcite in ~0 (DIC–CaCO3)
a non-reversible reaction

—

Rapid dissolution of
0 to –17 (DIC–CaCO3)
very ﬁne-grained calcite

Skidmore et al. 2004

Reduction of CO2
to CH4 at isotopic
equilibrium

–73.7 (CH4 –CO2)

Bottinga 1969

Biogenic CH4 coexisting with DIC in
groundwater but not in
isotopic equilibrium

–68, –75 (CH4 aq –DIC)

Barker and Fritz 1981

Growth of microbial
~–4 to –32 (Corg –CO2)
biomass associated with
travertine
Dissolution of watersoluble humics from
solid organic material

~0 (Corg diss – Corg solid)

Zhang et al. 2004

Wassenaar et al. 1991

Potential climatic and temporal effects
The potential climatic and temporal inﬂuences on the interaction of C sources with water
involve several factors: (i) temperature effects on geochemical reactions involving carbon
transfers between solid sources and solutions; (ii) direct long-term metabolic pathways,
and variations in soil and other surﬁcial compositions in terms of environmental changes
such as the 13C/12C isotope ratio of atmospheric CO2, variations of types of organic
material such as relative proportions of vegetation with C3 and C4 balances of organic
and inorganic (i.e., carbonate) C sources; (iii) residence times of dissolved C in the
available carbon reservoirs with consequences for the extent of isotopic exchange and
whether equilibrium has been achieved in exchange reactions having slow kinetics.

46

DARLING, BATH, GIBSON AND ROZANSKI

The temperature effects on 13C/12C fractionations between gaseous atmospheric CO2 ,
the various DIC species and solid carbonate are rather low compared to the temperature
effects that are propagated into the δ18O of freshwater carbonates. The temperature
coefﬁcients for δ13C fractionation between calcite and DIC and between calcite and
CO2 (g) are only +0.05‰ and –0.16‰ per °C respectively (Bottinga 1968; Salomons and
Mook 1986). The temperature coefﬁcient for δ18O fractionation between calcite and water
is around –0.23‰ per °C and the temperature-dependent variation of δ18O in meteoric
water due to atmospheric liquid–vapour fractionation is in the range 0.6 to 0.2‰ per
°C (O’Neil et al. 1969; Rozanski et al. 1993). Therefore the direct sensitivity of δ13C
as a proxy for environmental temperature is relatively low. Other temporally variable
environmental factors in addition to temperature affect isotopic fractionation of 13C/12C,
for example pH-dependent speciation of DIC, and thus cause additional uncertainties in
temperature dependence.
Groundwaters in karstic and other carbonate aquifer rocks may undergo isotopic
exchange between DIC and solid carbonate after the establishment of chemical equilibrium
(Smith et al. 1975; Edmunds et al. 1987). It is likely that dissolution and precipitation
reactions at a microscopic local scale on the solid-solution interface account for isotopic
exchange in chalk which is a ﬁne-grained calcite that retains its micritic structure. Using
δ13C and 14C activity, the rate of isotopic exchange in a Libyan conﬁned karst aquifer
has been estimated to be equivalent to a half-life of 11,000 years (Gonﬁantini and Zuppi
2003). Based on this measurement and on surface areas for water-rock exchange, halflives from 4 ka to 40 ka for 13C exchange in other aquifers were estimated.
Case studies
Selected case studies are summarised here to illustrate the potential complexity of carbon
isotope systematics in water-gas-mineral-(organics) systems, especially in surface or
near-surface environments.
The δ13C composition of DIC in surface waters and shallow groundwaters is inﬂuenced
variably by input from soil organics and carbonates, and by exchange with atmospheric
CO2. Input from soil organics and carbonates is dominant in tributaries of the Ottawa
River in Canada, where δ13C of DIC varies from –8 to –16‰ in lowland carbonate
catchments and upland silicate weathering terrains respectively (Telmer and Veizer
1999). This is the case also in the Rhône River in France where δ13C of DIC in headwaters
and downstream ﬂow varies from –5 to –11‰ and is interpreted as being dominated by
carbonate inputs with only minor inﬂuence from respiration of soil organics (Aucour et
al. 1999). In the upper St Lawrence River in Canada, δ13C varies from +2.2 to –13.7‰,
with the larger variations towards negative values being associated with the more active
carbon cycle of near-shore ecosystems such as are found in creeks and marshes (Barth and
Veizer 1999). Smaller catchments with lower ﬂows and situated on non-carbonate rock
may have different δ13C characteristics. One such catchment in the Vosges mountains,
France, has seasonal variations of δ13C from –24 to –20‰ in shallow groundwaters that
feed stream ﬂow, whereas the stream at the bottom of the catchment has δ13C around
–12‰ (Amiotte-Suchet et al. 1999). These data show that input of CO2 from respiration
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of soil organics dominates the isotopic composition of DIC in shallow groundwater,
whereas isotopic exchange with atmospheric CO2 has taken over in the stream.
The δ13C of DIC in groundwaters in carbonate terrain may indicate carbon origins that
are more complex than stoichiometric reaction of soil CO2 with calcium carbonate. DIC
in a karst spring water was found to be derived from the mixing of unsaturated zone and
saturated zone water sources (Emblanch et al. 2003). The δ13C of each component water
was characteristic, the unsaturated zone water being open to exchange with soil CO2 and
the saturated zone water being closed to exchange. This example, though taken from
a speciﬁc type of karstic groundwater system with a thick unsaturated zone and deep
water table, is probably representative of many shallow groundwaters in which seasonal
or other temporal ﬂuctuations of recharge and water table location cause variations in the
degree of open- or closed-system behaviour with respect to CO2 and thus variation in δ13C
of the DIC. Distinct δ13C evolutionary pathways for unsaturated zone water according
to seasonal hydrological differences have been observed in shallow chalk (Dever et al.
1982). In winter, the soil CO2 system is isolated from exchange (closed system) with the
atmosphere, and consequently soil water evolves its DIC content in isotopic equilibrium
with soil CO2. In contrast, in summer the soil is drier, the CO2 content is higher, and
DIC evolves out of isotopic equilibrium with the soil CO2 which is exchanging with the
atmosphere (open system).
The complexity of reaction pathways by which the δ13C of DIC in groundwaters can
evolve is illustrated by case studies from many aquifers. A single example serves to
illustrate the multiplicity of processes that may be involved in addition to stoichiometric
dissolution of carbonate minerals. A geochemical model of the carbon sources and sinks
in a conﬁned aquifer in the USA simulated the oxidation of organic matter, reduction
of sulphate and the precipitation of calcite (McMahon and Chapelle 1991). The number
of alternative models was constrained by consideration of δ13C data which suggested
that the CO2 involved in DIC production in the aquifer is dominantly from biogenic
fermentation rather than microbial respiration. CO2 with the δ13C signature of microbial
fermentation along with organic acids and sulphate is most likely coming from conﬁning
beds that contain organics and are also cemented by carbonate. For the present purpose,
however, groundwaters in conﬁned aquifers are not of direct relevance unless discharges
from them to surface have some inﬂuence on the isotopic compositions of potential
proxy indicators.
There are rare cases where the δ13C of shallow groundwaters feeding springs is totally
controlled by dissolution of carbonate by a non-atmospheric source of CO2. These
generally occur in geothermal or tectonically-active areas. For example, CO2 of deepseated origin is transmitted through faults into shallow groundwaters in Sichuan, China
and dissolves carbonate rock aggressively prior to feeding streams that deposit tufa
(Yoshimura et al. 2004). The δ13C of DIC in the outﬂow is a mixture between the isotopic
compositions of CO2 with a value of –3‰ and carbonate rock with +3‰. Further isotope
fractionation occurs as CO2 outgases from the stream water and tufa precipitates.
Evaporation from soils of arid regions causes enrichment of δ18O in residual
unsaturated zone waters (see Figures 7 and 8); the corresponding effects on δ13C in soil
waters of evaporation and of short-term and long-term changes in aridity are potentially
quite complex. Isotopic compositions of calcrete (‘caliche’) in a desert area of the USA
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indicated that evaporated soil waters develop enriched δ13C values (Knauth et al. 2003).
This enrichment was tentatively attributed to either fractionation during photosynthetic
loss of water from vegetation or to kinetic isotope effects due to direct evaporation.
In studying signals of long-term climate change in Bangladesh, Alam et al. (1997)
considered δ13C enrichment in pedogenic carbonate nodules to indicate that DIC in soil
waters had changed over time due to a climate-related decrease in soil CO2 productivity
and a greater input from atmospheric CO2.
Implications for proxy growth and interpretation
Dissolved inorganic carbon
There are various sources for DIC: atmospheric, geological (e.g., carbonate minerals)
and organic/biogenic. Atmospheric CO2 , soil CO2 and DIC itself (e.g., HCO3– in lake
waters as an indicator of productivity in the C cycle) are the main potential proxies for
past climate and other environmental conditions. Therefore any proposed use of δ13C in
inorganic materials as a proxy for past environmental or climatic conditions should have
a conceptual geochemical model that can be tested or otherwise evaluated independently.
The contributions of various sources of C and the processes that link them with DIC may
be dependent on environmental conditions. For example, temperature and aridity are
likely to have affected the balance between the alternative metabolic pathways for C3
and C4 vegetation.
Low sensitivity to temperature of 13C/12C fractionation between the various DIC species
and solid phases and the potential complexity of various reaction paths and speciations
means that DIC geochemistry introduces large uncertainties into the interpretation of
variations of δ13C in carbonates as palaeoclimate and palaeoenvironment proxies.
Dissolved organic carbon
The δ13C of DOC is potentially useful as a proxy for past climate and environmental
conditions where the organics have been immobilised and preserved in solid matrices.
Speciﬁc organic compounds such as humic and fulvic acids, speciﬁc biomarkers, and
methane are likely to be of greatest interest, though uncertainties about trapping and
preservation and likely very low or zero abundances make these studies somewhat
speculative and vulnerable to contamination by anthropogenic carbon sources.
DOC may be derived from parent organic material, for example plant material and soil
humus, via intermediate biochemical processes that alter δ13C values in unpredictable
ways. CO2 loss during microbial respiration would alter or fractionate 13C/12C, usually
to heavier ratios. Dissolved organic carbon may have complex origins including ‘dead’
fossil organic material that has a geological age much greater than that of the proxy
sought.
Methane is unlikely to be preserved as a useful proxy of past environmental conditions
in view of its reactivity in oxidising conditions and mobility as a gas phase or as a
dissolved gas. However the evidence for CH4 intervention in past processes, for example
anomalously light δ13C in carbonate precipitates, is an important indicator of a strongly
reducing or anoxic/anaerobic environment in which methanogenic bacteria were viable.
Some preliminary geochemical analyses of organics trapped as solutes or as colloids in
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speleothem carbonate have been carried out, but stable isotope analyses of the organics
have not yet been achieved. Trace organic carbon compounds that are found in old deep
groundwaters also have the potential to provide proxy information about environmental
conditions at the time of groundwater recharge. However, an origin at the surface and
the possibility of mixing with organic compounds from geological sources, for instance
fossil hydrocarbons, have to be investigated. Dissolved or colloidal organic carbon
is itself now a medium for 14C dating of old groundwaters and has been compared in
various studies with 14C dates inferred from co-existing dissolved inorganic carbon,
with varying degrees of correlation that are indicative of the complexities of geochemical
evolutions of dissolved inorganic and/or organic carbon in the subsurface.
From proxy to climate – constraints on interpretation
In attempting to reconstruct climatic conditions from proxy isotope values, we have to
consider the various steps in the following basic chain: proxy→growth water→ground/
soil/surface water→precipitation→climate. None is necessarily insurmountable, but the
present state of knowledge in some areas may be insufﬁcient to give a conﬁdent answer.
The complete sequence applies mainly to O and H isotopes; C isotopes effectively bypass the precipitation stage. (It may not always be possible to reconstruct the O and
H isotope composition of precipitation either, but from the inferred isotopic signature
of soil/surface water we may still be able to draw some conclusions about climate, for
example the role of evaporation.)
Proxy to growth water
The ﬁrst step in the chain lies beyond the scope of this chapter; there are so many different
proxies, usually with their own particular fractionation factors for O, H and C isotopes,
that it is difﬁcult to discuss in terms of a few universally-applicable caveats. In any case,
as Chapters 2 to 5 show (McCarroll and Loader, Hedges et al., Leng et al., McDermott
et al., all this volume), the practitioners of the mainstream proxy research areas are well
aware of the constraints and difﬁculties in making this step.
Growth water to ground/soil/surface water
On the assumption that a realistic composition for growth water has been achieved, what
are the main constraints to making the next step? Again, there are many proxies, but if
we take the main themes covered by Chapters 2 to 5 (tree rings, bones, lake sediments,
speleothems), certain caveats are apparent. For trees, different rooting depths make it
difﬁcult to know even approximately what section of the year’s rainfall inﬁltration is
represented in the rings; the only solution would appear to be control experiments on
the nearest modern analogues in terms of species, soil conditions and likely climate
regime. For bones it is essential to have a good knowledge of water and food sources
for O and C isotopes respectively, though evaporation effects on drinking water sources
seem likely to remain a problem area. For lake sediment proxies there is one overriding
problem: determining the temperature of proxy growth. As with tree rings, studies of
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modern analogues may be the only answer. For speleothems the main difﬁculty lies with
separating seasonal from altitude effects on O and H isotopes, and the only way of doing
this convincingly is by monitoring in the cave itself, assuming of course that deposition
is still active.
Ground/soil/surface water to precipitation
If the previous steps have been accomplished successfully, the following are now known
(where relevant): the isotopic composition of the growth water, depth of rooting in
the soil (trees), predominant source of food and water (bones), temperature/season of
growth in water (sediments), season and/or ultimate source of recharge (speleothems).
These data now have to be linked to hydrology. For soils, how does the soil moisture
proﬁle vary seasonally in O and H isotope content? For bones, what is the likely bulk O
isotope composition of the drinking water source(s), and bulk C isotope content of diet?
(In the case of water, factors such as animal hibernation mean that the annual mean
composition of a particular reservoir may not be appropriate.) For lakes, what is the scale
of variation in O, H and C isotopes; is it only seasonal, or are there longer-term cycles?
How do isotopic compositions relate to temperature and rainfall inputs, and what are
the tolerances on lake water composition modelling? For speleothems, how secure is
the interpretation of water source: if there is a seasonal isotope variation, does it reﬂect
similar variation in rainfall or is there some selection mechanism?
Precipitation to climate
By this stage the O and H proxy data have been converted to a notional rainfall isotope
composition, representing either the annual mean or a known portion of the annual cycle.
So far this chapter has focused mainly on present-day processes; the important question
now is, to what degree is the present the key to the past? There are two important elements
in this: possible changes in the balance between the three terrestrial reservoirs of water
referred to earlier, and possible changes to the isotope–temperature (δ–T) relationship.
Regarding the water balance, for earlier Holocene moderate climatic conditions it is
reasonable to assume that present-day isotope hydrological relationships remain a good
guide, with the proviso that particular climatic regimes with their associated rainfall
cycles and carbon productivity may have waxed or waned in area as the various cold or
warm periods occurred. Uncertainty over water balance (for example, was there more
river runoff and/or isotopic selection of recharge) arises under conditions of widespread
glaciation, for which relatively little present-day information exists. Therefore it becomes
an issue with regard to proxies of Pleistocene age. It is not necessarily straightforward
to disentangle the various factors affecting water balance. An example of this would be
the fairly ubiquitous decline in groundwater recharge during the latter part of the last
glaciation. Reduced rainfall seems likely to have played a major part: this is supported
by (for example) pollen evidence and low speleothem/travertine growth even in nonglaciated areas. A permafrost seal in periglacial areas is a less likely contender since
modern permafrost is usually far from totally impermeable. Surface ice cover would
appear to preclude recharge altogether, but areas with basal melting might actively
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promote it. The best that can be said is that currently there is rather little evidence for
major isotope selection effects in high-latitude water balances (see discussion in Darling
(2004)).
Assuming such factors can be evaluated to arrive at a notional rainfall isotope
composition, how easily can this be converted to a temperature? We have seen earlier
in this chapter that δ–T relationships can be viewed in three different ways: a spatial
relationship based on long-term annual averages, a temporal relationship based on
seasonal variability, and a temporal relationship based on long-term changes in the
isotopic signature of rainfall and the temperature. The most appropriate for palaeoclimatic
reconstruction is undoubtedly the last of these, but it has hitherto been established with
conﬁdence for only few sites/regions. The important question which has to be addressed,
particularly when interpreting proxies deposited under different climatic regimes such
as glacial climate, is to what extent the δ–T relationship established for present-day
climatic conditions is also valid for past climates. One factor which will clearly inﬂuence
this relationship is the change of the isotopic composition of the global ocean over time.
The δ–T is sometimes resolvable by measurement: if groundwater of the right age is
available, recharge temperatures can be calculated from noble gas contents, against
which isotope values can be compared. However, the dispersion effects in groundwater
referred to earlier render this approach less satisfactory during periods of rapid climate
change, an important focus of palaeoclimate studies.
The carbon isotope effects of past climatic change are less easily approached in a
quantitative way. There are several possible effects: for example the CO2 productivity of
soil tends to drop with temperature, the balance between C3 and C4 plants may change,
and pluvial episodes may promote the development of peat-type deposits rich in reduced
carbon. All these processes carry isotopic implications, as the previous section of this
chapter has shown. Nevertheless if the hydrology can be determined from O and H
isotopes, this should provide a more secure framework for a C-isotope interpretation of
environmental conditions.
Summary
The O, H and C stable isotope compositions of proxies reﬂect conditions in the water and
carbon cycles at the time of formation. To provide a framework for the interpretation of
such proxy data now and in the past, isotopic effects in these cycles at the present day
need to be understood and characterised.
The water cycle divides naturally into a number of compartments which have been
studied in varying detail over the past 40 years since the birth of isotope hydrology.
The starting point, precipitation, is especially important because it is the precursor back
to which most O and H isotope proxy studies are attempting to relate. While much is
understood about the isotope systematics of precipitation, largely owing to the existence
of the IAEA–WMO Global Network for Isotopes in Precipitation (GNIP), important
questions remain to be answered in relation to the isotope–temperature gradients of past
climatic conditions.
The three reservoirs of water sustaining all terrestrial proxies are soil and unsaturated
(vadose) zone moisture, groundwater, and surface waters. These can be viewed broadly
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as the inﬁltration, recharge, and discharge stages of the land-based portion of the water
cycle. In each case isotopic effects intervene to modify to a greater or lesser extent the
stable isotope signature of antecedent precipitation. In general terms these effects vary
in severity from low for groundwaters to high for surface waters. Since lake sediments
of one type or another form important and accessible archives of the palaeoenvironment,
the continuing development of isotope mass-balance modelling techniques is playing a
signiﬁcant role in interpreting the proxy isotope values.
The carbon cycle is far more complex than the water cycle even if, as here, the focus
is restricted to dissolved organic and inorganic C. This is because there are several
sources of both, in contrast to the single source of water (precipitation). Dissolved
carbon stable isotopes are unlikely ever to feature as the ‘palaeothermometers’ and
‘palaeopluviometers’ that O and H isotopes are becoming, yet they have great potential
in the interpretation of past environmental conditions where the overall geochemical
conceptual model can be suitably constrained.
The conversion of proxy data into the stable isotope composition of precursor rainfall
or carbon source(s), and by way of this to the characterisation of palaeoclimate and
palaeoenvironment, is a multi-step process that has tended to receive most attention at
the proxy end. This review shows the need to subject each step to careful scrutiny.
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